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ABSTRACT

The northeastern (NE) Tibetan Plateau with complex interaction between
mountain building and strike-slip faulting is a prime site to study the growth of the
plateau and to understand the dynamic processes at its boundaries. This dissertation
research investigates the crust and upper mantle structure in the NE Tibetan Plateau
using surface wave tomography from teleseismic data recorded at the 36 seismic
stations of NorthEast Tibet Seismic (NETS) array.

The first part of this dissertation is to construct a 3-D SV velocity (Vsy) model
using Rayleigh wave data. The average and 2-D variations of phase velocities were
obtained at 14 periods from 20 to 100 s and then used to constrain 1-D and 3-D Vsy
models. The entire region is characterized by relatively low absolute velocity,
indicating a weak upper mantle. One pronounced slow anomaly centered at ~120 km
depth is imaged right beneath a restraining bend of the Kunlun fault and is probably
caused by anomalously high temperature and partial melting resulted from localized
asthenosphere upwelling after the delamination of a thick lithosphere root beneath the
bend.

In the second part of the dissertation, a 3-D SH velocity (Vsu) model was
obtained from the Love wave phase velocities at 13 periods from 20 to 91 s, and then
used to construct a 3-D radial anisotropic model combined with the Vsy model. The
lower crust is characterized with positive anisotropy (Vsu>Vsy). The large positive
anisotropy can be explained by horizontal alignment of anisotropic minerals such as
mica at the formation of lower crust. The mantle lithosphere above 90 km is largely

isotropic while weak positive anisotropy appears beneath 90 km, which probably

Vi



marks the lithosphere-asthenosphere boundary. The Kunlun restraining bend and its
surrounding region are distinguished by relatively negative radial anisotropy in the
entire lithosphere, providing evidence for coherent lithosphere deformation in this
area where local compression stress is high. Such coherent lithosphere deformation is
not observed in the eastern portion of the Kunlun neither in the Qinling-Qilian
orogen, suggesting that the lithosphere shortening in most of the NE Tibet is not as

strong as in the interiors of the plateau.
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Chapter 1. Introduction

1.1.  The Tibetan Plateau

The Tibetan Plateau is the largest active orogenic belt on the earth and has been
a prime site to investigate continental deformation, kinematics and dynamics, the
processes of mountain building, and the interaction between tectonics and climate
change. The Tibetan Plateau is composed of a set of continental blocks (or terranes)
of different origin, including the Lhasa Terrane, Qiangtang Terrane, and Songpan-
Ganzi Terrane from south to north, respectively (Figure 1.1) [Dewey et al., 1988].
These terranes were accreted successively to the Eurasian Plate during the Paleozoic
and Mesozoic eras and are currently separated by a series of suture zones [Allegre et
al., 1984; Dewey et al., 1988; Yin and Harrison, 2000], such as the Indus-Zangbo
Suture (1ZS), Bangong-Nujiang Suture (JNS), and Jinsha Suture (JS) (Figure 1.1 and
Figure 1.2a). The plateau is bounded by a series of mountain ranges, the Karakorum
mountain range to the west, the Himalayan mountain range to the south, and the
Kunlun and the Qilian mountain range to the north. In addition, the plateau is
bounded by several continental blocks that undergo little present-day deformation.
They include the Tarim block to the northwest, the Gobi-Alashan Platform and Sino-
Korean craton (Ordos) to the north and northeast, and the Yangtze craton (Sichuan
Basin) to the east (Figure 1.1). These continental blocks are generally bounded by
major thrust or strike-slip faults, and play a significant role in describing the evolution
of the Tibetan Plateau [e.g., Peltzer and Tapponnier, 1988; Harrison et al., 1992;

Clark and Royden, 2000].



The Cenozoic tectonic evolution and growth of the Tibetan Plateau are mainly
controlled by the convergence of the Indian Plate with Eurasia [Argand, 1924]. The
continent-continent collision of the Indian and Eurasian Plates that began ~50 Ma ago
[Molnar et al., 1973; Molnar and Tapponnier, 1975; Patriat and Achache, 1984,
Molnar and Stock, 2009] has resulted in ~2000 km shortening and large scale uplift of
the Tibetan Plateau [Dewey, 1989] and in some degree has contributed to deformation
of its adjacent regions such as eastern China [Bendick and Flesch, 2007; Peltzer and
Tapponnier, 1988; Tapponnier and Molnar, 1977]. Over the past decades, a wide
range of geologic and geophysical studies have been conducted within the Tibetan
Plateau with the primary objectives of understanding the continental collision process,
the incorporation of crustal and mantle material from the Indian Plate into the
Eurasian Plate. However, understanding the processes that have formed the plateau
also requires the knowledge of the geology and dynamic processes acting along other
boundaries of the plateau.

Several competing models have been proposed to explain the growth and uplift
of the Tibetan Plateau. The most popular competing models include (1) the under-
thrusting model, (2) the stepwise-rise model, (3) the crustal flow model, and (4) the
lithosphere delamination model. The under-thrusting model is the earliest model
proposed by Argand [1924] to explain the uplift of the Tibetan Plateau. Investigations
using global tomography [Zhou and murphy, 2005] and receiver functions [Tilmann
et al., 2003] suggest that the Indian lithosphere underthrusts the entire Tibetan Plateau
(Figure 1.2). The under-thrusting model was further modified by the stepwise-rise

model (i.e., rigid block model/intracontinental subduction model) [Tapponier et al.,



2001], which suggests that the Eurasian lithospheric block subducts under Tibet
sequentially along major strike-slip faults from north to south (Figure 1.3) [Kosarev
et al., 1999; Kind et al., 2002; Yin and Harrison, 2000]. In this scenario, the strike-
slip faults are considered as lithospheric faults and previous investigations
demonstrated that this model [e.g., Kosarev et al., 1999; Kind et al., 2002; Yin and
Harrison, 2000] has been able to account for the large-scale features of the
deformation of the Tibetan Plateau (e.g., crustal thickening, eastward extrusion),
especially for the southern part of the plateau, but have failed to explain the formation
and growth of mountain ranges in the east and north of the plateau which are
undergoing no or little present surface deformation. Therefore, the crustal flow model
was proposed to associate crustal thickening and deformation, and eastward
displacement of crustal material with viscous flow in those regions with little present
surface deformation (Figure 1.4) [England and Houseman, 1989; Houseman and
England, 1993; England and Molnar, 1997; Royden, 1996; Royden et al., 1997; Clark
and Royden, 2000; Clark et al., 2005]. Much of geophysical evidence from seismic
tomography, magnetotellurics (MT), receiver function and shear wave splitting
studies [e.g., Brown et al., 1996; Chen et al., 1996; Kind et al., 1996; Wei et al., 2001;
Royden, 1996; Royden et al., 1997; Clark and Royden, 2000; Sherrington et al., 2004]
was in support that the viscous flow exists in the middle to lower crust in central,
southern, and northern Tibet. Alternatively, previous studies suggested lithosphere
root in the Himalaya and the southern Tibetan Plateau peeled off and sank into the
asthenosphere (Figure 1.5) [Molnar et al., 1993; Jiménez-Munt and Platt, 2006;

Jiménez-Munt et al., 2008]. Here I refer to it as the delamination model. In addition,



the rapid rise of Qilian mountain range [e.g., Métivier et al., 1998] and Liupan
mountain range around 5.3 Ma is suggested as a consequence of this lithosphere
removal [Molnar, 2005, Zhang et al., 2013]. However, it is still unclear whether the
lithosphere root is removed in the northeastern (NE) Tibetan Plateau and whether this
removal is in a localized scale or in a regional scale.

The best place to address the interaction between the Tibetan Plateau and
adjacent terranes, and to test the competing models is the northeastern (NE) Tibetan
Plateau, which is an area defined by the Haiyuan fault system in the north, the Ordos
block in the east, the Kunlun fault system in the south, and the Altyn Tagh fault
system in the west (Figure 1.1). The NE Tibetan Plateau is still rising with a
horizontal shortening rate of 13 mm/year in NE-SW direction [e.g., Van der Woerd et
al., 1998]. Thus, this actively growing part of the plateau may provide evidence for
mechanisms that probably once operated in southern and central Tibet. Receiver-
function studies support the interpretation that the NE Tibetan Plateau formed by the
stepwise-rise model, which emphasizes that most deformation of the continent is
localized on major block bounding faults, such as the Kunlun strike-slip fault.
However, a recent seismic refraction study suggests that actively deforming middle
NE Tibetan crust is dominated by discrete sub-horizontal simple-shear zones that
decouple the deformation in the crust from that in the mantle. Alternatively, Zhang et
al. [2011] showed a low velocity asthenospheric channel beneath the Qilian-Qinling
Orogen that lies between the Ordos and Sichuan blocks from Rayleigh wave

tomography, implying the presence of east directed asthenospheric flow.



Despite decades of study on these competing models, questions remain
regarding which model best explains the uplift of the NE Tibetan Plateau. For
example, what cause the rise of the NE Tibetan Plateau? Is it the mid-crustal flow,
the coherent thickening of the Tibet lithosphere, or the subduction of the Eurasian
blocks? Whether or not the lithosphere root is removed in the NE Tibetan Plateau and
whether upwelling asthenosphere flow exists? Could the Kunlun strike-slip fault be a
lithospheric fault and facilitate eastward extrusion of the Tibetan Plateau? Given the
complex lithosphere deformation patterns in the NE Tibetan Plateau, high-resolution
shear wave velocity and radial anisotropy models in the crust and upper mantle would
help to distinguish these competing models and provide useful constraints on

understanding lithosphere dynamics in the NE Tibetan Plateau.

1.2.  Surface Wave Tomography

A surface wave is a type of wave propagating along a great-circle path at the
surface of the Earth. Surface waves at different periods are sensitive to shear-wave
structure at different depths; therefore, they can provide critical depth constraints on
the velocity variation. Additionally, compared to body wave tomography, suface
wave tomography benefits from high vertical resolution and can be used to derive
absolute shear wave velocity values. In this dissertation, | applied the two-plane-wave
(TPW) method to obtain surface wave phase (Rayleigh wave and Love wave)
velocity and then solve for shear wave velocity (Chapter 2) and radial anisotropy

(Chapter 3) models in the NE Tibetan Plateau .



Traditional surface-wave-phase-velocity measurements using single-station
method and two-station method require accurate source information or assume great-
circle ray paths [e.g., Montagner, 1985]. This would limit the number of ray path and
hence lower the lateral resolution. Additionally, the assumption of great-circle ray
path may fail to accout for the focusing or defocusing of energy, multipathing, and
scattering due to lateral heterogeneities [e.g., Friederich et al., 1994]. If the incoming
surface wave is assumed as a plane wave, non-planar energy would induce the
inaccuracies in phase velocity determinations, especially for the periods of less than
50 s [Wielandt, 1993]. Two-plane wave method can overcome these inaccuracies by
taking account for non-planar energy in the incoming wavefield caused by scattering
or multipathing outside of the study region and provide a powerful approach to
measure the phase velocity map crossing a seismic array. The incoming wavefield is
represented by two plane waves with unknown amplitudes, phases, and propagation
directions, which are solved together with phase velocities in the inversion (Figure
1.6). The two-plane-wave inversion method was described in detail by Forsyth and Li
[2005].

Over the past decade, high lateral resolution Rayleigh wave phase velocities and
shear wave models in the upper mantel have been determined in many places using
the two-plane-wave inversion technique [e.g., Li et al., 2003; Weeraratne et al., 2003;
Forsyth and Li, 2005; Li and Detrick, 2006; Fu et al., 2010; Chen and Li, 2012,
Zhang et al., 2011]. This method was designed for better resolving Rayleigh wave
phase velocity within a seismic network [Forsyth and Li, 2005]. Model resolution

from this method has been further improved to a scale of ~100 km by adopting 2-D,



Born approximation sensitivity kernels [Yang and Forsyth, 2006]. However, this
TPW method has not been applied to Love waves. In this dissertation, | applied the
TPW method to Love wave. In the Rayleigh wave inversion, only the vertical
components are used and the amplitudes of the two plane waves can be added directly.
For Love waves, their particle motions for the two plane waves are not aligned in the
same direction; therefore, they have to be decomposed to two orthogonal components
first. Then simple addition can be performed to the same component of the two plane
waves. The rest of the inversion is similar as for Rayleigh waves. More discussions

about surface wave data and method are given in chapter 2 and chapter 3.

1.3.  Seismic Anisotropy

Seismic anisotropy has been detected in the crust and upper mantle in many
regions. It reflects deformation in the lithosphere and mantle flows in the
asthenosphere and provides constraints on dynamic processes of the Earth. Seismic
anisotropy has been suggested to be due to either crystallographic or lattice preferred
orientation (CPO, LPO) [e.g., Montagner, 1998], or shape preferred orientation (SPO)
of material with distinct isotropic elastic properties [e.g., Silver and Chan, 1991].

There are two main types of seismic anisotropy, azimuthal anisotropy and radial
anisotropy. Azimuthal anisotropy can be detected by shear-wave splitting method and
surface wave tomography. Shear wave splitting measurements from SKS or other
core refracted shear waves can have high lateral resolution but little constraints on the
depths of anisotropic sources. Surface waves at different periods are sensitive to the

Earth at different depths, and azimuthal anisotropy variation with periods indicates



the change of anisotropy structure with depth [Nishimura and Forsyth, 1989; Li and
Detrick, 2003].

Radial anisotropy is associated with a transversely isotropic medium with a
vertical symmetry axis, in which wave speed depends on its polarization and direction
of propagation. Radial anisotropy has been observed in 1-D [Dziewonski and
Anderson, 1981] and 3-D global scale [e.g., Ekstrom and Dziewonski, 1998]. The
transversely isotropic medium can be illustrated by five independent elastic
parameters represented as A, C, N, L and F, which are a function of velocity
represented as [e.g., Takeuchi and Saito, 1972; Dziewonski and Anderson, 1981]

A =pViy, C=pVgy, N=pVéy, and L= pVg,
with
N N F

= (Ysay2 _ N — (Vevy2 _ N -
E_(VSV) v (I)_(VPH) L’ and m A-2L

in which the & and ¢ represent shear and the compressional wave anisotropy,
respectively. The ellipticity, », determines the shape of the transition between Vsy
and Vsy as a function of dip from horizon [Anderson, 1965].

In this dissertation, | solved shear wave velocity and radial anisotropic
parameters from discrepancy between Rayleigh wave and Love wave dispersions.
Rayleigh wave is sensitive to Vsy, while Love wave is sensitive to Vsy. The
Rayleigh-Love discrepancy means that an isotropic shear velocity model fails to fit
the Rayleigh wave and Love wave dispersive curves simultaneously, and requires the
existence of radial anisotropy. In this study, radial anisotropy is defined as the
percentage difference between Vsy and Vsy in the medium: y = (Vsu—Vsy)/Vs. VS is

the isotropic or effective shear wave velocity and is computed from Vsy and Vsy via a



Voigt average, Vs = \/(2V2, + V2,)/3 [Babuska and Cara, 1991]. The new shear
wave velocity model is better than that from Rayleigh wave data alone because the
latter might be biased by anisotropy. For example, low velocity layer in the shear
wave model from Rayleigh wave constraints could be a result of Vsh>Vsv, indicating
horizontal flow or alignment of materials. In contrast, Vsv>Vsh that indicates vertical
flow or alignment of material can be traded off with high shear wave velocity in
Rayleigh wave tomography. The 3-D isotropic shear wave and radial anisotropic
models provide new constraints on the structure and deformation of the crust and
upper mantle, and help to distinguish competing models.

Several important questions can be addressed from the 3-D anisotropic model.
For example, (1) the channel flow model is supported if low velocity and Vsh>Vsv
are observed in the middle to lower crust. This will imply the decoupling of
deformation between the upper crust and lithospheric mantle; (2) The removal of the
Asian lithosphere due to thickening or subduction might be evident if low velocity
and Vsv>Vsh are present in the shallow upper mantle; (3) Strong horizontal shear and
low velocity are expected near the Kunlun strike-slip fault, which will be reflected as
low velocity and Vsh>Vsv. The vertical distribution of these properties at the fault

helps to determine if the Kunlun fault cuts the entire lithosphere.
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Figure 1.1 Topography map of the Tibetan Plateau and surrounding regions. Black
lines represent the faults. ATF, Altyn tagh fault. KF, Kunlun fault; HF, Haiyuan fault;
KLM, Kunlun Mountains; WKS, West Kunlun Shan; 1ZS, Indus-Zangbo Suture;

BNS, Bangong-Nujiang Suture; JS, Jinsha Suture.

17



Himal ayan fold-thrust bet IIYS BNIS JS AK?AS lh::ze": Mmc‘m rocks
ATF
A . \ , a ® A - Palsozoc strta © the Ciangtng lermne

- Tertiary sedimentary ocks

Cretaceous-Tertary putone recks balongng

S

10 the Gangd wse tathaith, Ladabh batolth
and Kohnws ax<

f“ - eary Tertary Linzizong volcanic rocks
D Tethyan sedimentary sequence
Indlan mantie Ithosphere

~
m High Himiayan metamorphic rocks
beneath central Tibet (85'E to 93’E) \
= \ D Lesser Himalayan metasedimentary
senes

) N

Figure 1.2 Schematic cross-section of the under-thrusting model. (a) Tectonic map of
the Tibet-Himalaya collision zone modified from Yin and Harrison (2000). (b)
Schematic cross-section (A-A') across Tibet-Himalayan orogen [Zhou and Murphy,
2005]. Indian mantle lithosphere beneath central Tibet is interpreted to have been
underthrust at a steeper angle than in the western and eastern portions. AKMS,
Ayimagin-Kunlun Mutztagh suture; BNS, Bangong-Nujiang suture; 1YS, Indus-Yalu
suture; JS, Jinsha suture; MFT, Main Frontal thrust; MBT, Main Boundary thrust;
MCT, Main Central thrust; STD, South Tibet detachment; GCT, Great Counter thrust;

ATF, Altyn Tagh fault; LM, lithospheric mantle.
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Chapter 2. Shear Wave Structure in the Northeastern

Tibetan Plateau from Rayleigh Wave Tomography

Abstract

The northeastern Tibetan Plateau is undergoing active horizontal shortening due to
the India-Asia collision and is an ideal place for studying the growth of the plateau.
To reveal deep structure that is responsible for producting the geologic features at the
surface, | have constructed a 3-D shear wave velocity model from Rayleigh waves
recorded by 36 stations in the Northeast Tibetan Plateau Seismic experiment. First,
the two-plane-wave tomography method was applied to compute the average and 2-D
variations of phase velocities in a period range of 20 to 100 s. Then 1-D and 3-D
shear wave velocity models were developed from the obtained Rayleigh wave
dispersions. The entire region is characterized by a weak upper mantle with a
relatively thin lithosphere of ~80-100 km thick. This observation helps to explain the
active deformation at the Kunlun Mountains and the Qinling Orogen in NE Tibet.
Relative low velocity anomalies appear along and to the south of the Kunlun fault in
contrast to high velocity anomalies in the north and northeast. One pronounced slow
anomaly centered at ~120 km depth is imaged right beneath the restraining bend of
the Kunlun fault, which might be a northern extension of the large-scale slow
anomaly to the south of the fault. We interpret it as a local feature due to its large
magnitude and coincidence with the restraining bend. It is probably related to
anomalously high temperature and associated partial melting resulted from localized

asthenosphere upwelling after the delamination of a thick lithosphere root. The
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formation of the thick lithosphere root would require coherent shortening in the crust
and mantle lithosphere caused by local compression due to the bend of the strike-slip
fault, indicating that the Kunlun fault is probably on lithosphere scale and has played
an important role in accommodating the eastward extrusion of the Tibetan Plateau.

Keywords: Tomography; Rayleigh wave; Shear wave velocity; Delamination; Tibet

2.1.  Introduction

The Tibetan Plateau is the product of the ongoing Indo-Asian collision that
began ~50 Ma ago [Molnar et al., 1973; Molnar and Tapponnier, 1975; Patriat and
Achache, 1984; Molnar and Stock, 2009; Zhu et al., 2005] and provides an excellent
natural laboratory for studying the formation and development of continental plateaus
(Figure 2.1). Convergence between the Indian and Eurasian plates has resulted in
~2000 km shortening and large-scale uplift since the initiation of the collision
[Molnar and Tapponnier, 1975; Dewey et al., 1989]. Over the past two decades,
considerable efforts have been made to understand the mechanisms of the growth and
shortening of the Tibetan Plateau. However, where and how such large convergence
was accommodated remains uncertain. Subduction of the Indian plate has been
suggested to account for less than one-third of the convergence, while a series of
strike-slip fault systems have accommodated one-half of the convergence through the
plateau’s eastward extrusion [Harrison et al., 1992; Le Pichon et al., 1992]. With a
length of ~1,500 km trending in a nearly E-W direction, the Kunlun fault has long
been identified as an active strike-slip fault system bordering the northern Tibetan

Plateau. Over the last 40,000 years, slip of the Kunlun fault has led to a cumulative
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offset of more than 400 meters [Lin et al., 2002; Van der Woerd et al., 2002] at a
Quaternary slip rate of ~12 mm/yr [Yin et al., 2008; Wang et al., 2001; Zhang et al.,
2004; Tapponnier et al., 2001]. It is therefore important to understand the dynamics
of the Kunlun fault and explore its role in shaping the growth of the Tibetan Plateau.
Two end-member models have been proposed to explain the deformation of the
Tibetan Plateau. One is the rigid block model [Tapponnier et al., 2001], in which the
major strike-slip faults in Tibet are considered as lithospheric-scale faults, accounting
for both crustal thickening and eastward extrusion. This model provides a good
interpretation for the formation of the Tibetan Plateau in general, especially for the
southern part of the plateau, but has difficulties in explaining the formation and
growth of mountain ranges in the east and north of Tibet. The other model is the
viscous-flow model [England and Houseman, 1989; Houseman and England, 1993;
England and Molnar, 1997; Royden, 1996; Royden et al., 1997; Clark and Royden,
2000, 2005], which associates crustal thickening and deformation with viscous flow
in the middle and lower crust. Most geophysical evidence using seismic tomography,
magnetotellurics (MT), receiver function and shear wave splitting [e.g., Brown et al.,
1996; Chen et al., 1996; Kind et al., 1996; Wei et al., 2001; Royden, 1996; Royden et
al., 1997; Clark and Royden, 2000; Sherrington et al., 2004] supports the existence of
viscous flow in central, southern, and southeastern Tibet.
Whether the viscous-flow model is applicable in northern and northeastern
Tibet is unclear due to a small number of high-resolution geophysical studies in this
region and their contradicting implications. A recent seismic refraction study in NE

Tibet [Wang et al., 2011] suggests that the middle crust is dominated by discrete sub-
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horizontal shear zones that decouple the deformation in the crust from that in the
mantle. However, fault-parallel fast directions from shear-wave splitting near the
Kunlun fault suggest a coherent deformation in the crust and mantle lithosphere [Li et
al., 2011]. In addition, Zhang Q. et al. [2011] imaged a low velocity layer at the
depths of 125-200 km beneath the Qilian-Qinling Orogen that lies between the Ordos
and Sichuan blocks from Rayleigh wave tomography, implying the presence of east
directed asthenosphere flow.

The NorthEast Tibetan Plateau Seismic experiment (NETS) [Shen et al., 2008]
aims to better understand the growth of the plateau. The area of the experiment
contains highly-deformed orogenic belts, the Songpan-Ganzi Terrane (SGT) and the
Qilian-Qinling Orogen (QQO), and the strong, less deformed Gobi-Ala Shan Platform
(GAP). These tectonic provinces are separated by the Haiyuan fault (HF) in the north
and the Kunlun fault (KF) in the south (Figure 2.1). This area has an average
elevation of 3500 to 4000 m and undergoes active NE-SW shortening at a rate of ~13
mm/yr [Chen et al., 2000]. In this study, we have applied Rayleigh wave tomography
in the NE Tibetan Plateau using seismic data recorded at the NETS stations [Shen et
al., 2008] and obtained high-resolution phase and shear velocity models. These
velocity models reveal seismic structure in the lower crust and upper mantle and shed
light on the deformation process operating in the lithosphere beneath the NE Tibetan

Plateau.
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2.2. Data Analysis

We analyzed Rayleigh wave data recorded by the NETS array, which operated
from July 2008 to July 2010. Thirty-six broadband stations in the NETS array were
deployed in the NE Tibetan Plateau across the SGT, the QQO and the GAP from
south to north (Figure 2.1). Seven stations continuously recorded data during the 2-
year experiment and other stations recorded data from several months to 1 year.
Twenty-seven CMG3ESP sensors and nine CMG3TD sensors were used in the
experiment. We utilized the CMG3ESP response as a reference and converted
seismograms recorded by CMG3TD sensors to the reference response before
extracting Rayleigh waves.

Teleseismic events with magnitude > 5.8, focal depth < 100 km, and epicental
distance between 25° and 120° were selected. This selection resulted in over 200
potential events for Rayleigh wave analysis. Vertical component seismograms from
these events at 36 stations were filtered at 14 center frequencies (10, 11, 13, 15, 17,
20, 22, 25, 29, 33, 36, 40, 45 and 50 mHz) with a series of 10 mHz wide, zero-phase,
4™ order Butterworth filters. A narrow time window was applied to the fundamental
mode Rayleigh waves to separate them from other phases (Figure 2.2). To ensure data
quality, we visually inspected individual waveform for its signal/noise ratio and
consistence with that at nearby stations. Seventy-six events with high quality
Rayleigh waves were retained after the inspection. These events (Figure 2.3) have
good azimuthal coverage from NE to SE because many earthquakes originated from
the subduction zones in the west Pacific. An example of ray path coverage is given in

Figure 2.4 for the period of 33 s. Despite variable ray path density in the study area,
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crossing ray paths are dense within the station network as well as in its vicinity
especially to the east. The variation of ray path density is similar at different periods,
although the total number of ray path becomes smaller at very short and long periods.

Fourier analysis was applied to determine amplitude and phase of Rayleigh wave
trains in different frequency bands after correcting instrument responses, filtering and
windowing the records. Geometrical spreading and attenuation compensation were
conducted as described by Li et al. [2003]. The attenuation coefficients used herein
are from Mitchell [1995] for tectonically active regions. The amplitude and phase
information from Fourier analysis are used for calculating the 1-D and 2-D phase

velocities.

2.3. Method

A two-step inversion procedure was carried out to obtain shear wave velocity
structure. The first step was to determine phase velocities from the amplitude and
phase of Rayleigh waves at different periods. The second step was to develop shear
wave velocity structure at different depths from the obtained phase velocities.
2.3.1. Phase Velocity Inversion

We adopted the two-plane-wave (TPW) inversion method using Gaussian
sensitivity functions [Forsyth et al., 1998; Forsyth and Li, 2005] to obtain 1-D
average phase velocities at different periods. 2-D, Born approximation sensitivity
kernels were calculated using the average phase velocities at each frequency and were
utilized to determine 2-D phase velocities. Heterogeneity between source and station

would induce multipath propagation of Rayleigh waves and affect the amplitude and
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phase of Rayleigh waves [Friederich et al., 1994]. The TPW method, which treats the
incoming wavefield as the interference of two plane waves, can overcome the effects
of non-planar energy caused by scattering and multipathing and effectively solve
phase velocities within a seismic array [Li et al., 2003; Forsyth and Li, 2005; Yang
and Forsyth, 2006].

For a given frequency w, the incoming wave filed is considered as the
interference of two plane waves represented by the following expressions in polar

coordinates (r,w)centered on the reference station and oriented in the great-circle
path [Forsyth and Li, 2005].

U =, A exp(—i‘a) +, A exp(—i“s,) (2.2)

Where 1 = M+ 1o freos(fy - 9) = ix} + w(ir - 7)

and

‘%, =1, + So{ ‘reos(‘y -8, )~ x|+ ot 7).

‘U is total displacement; ;A and ;A, are the amplitude of the two plane waves,
respectively; %4, and %, are the phases of the two waves at the reference station; ‘z

and Jr are the travel times along the ray path from the edge of the study area to the k-

th and reference station; ;% and 4, are the angular deviations from the ray path of
the two waves, T_S is the average slowness for each ray path. Details on how “z and

?_S are calculated can be found in Forsyth and Li [2005].

The study area was parameterized with 270 grid nodes with a spacing of ~55 km.

The trade-off between model variance and model resolution is controlled by the
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characteristic length in the Gaussian weighting function. Following [Li et al., 2003],
we used a characteristic length of 80 km for all frequencies to smooth the phase
velocity models because of similar station spacing in these two studies. A smaller
characteristic length will produce more smaller-scale variations in phase velocity
models but will increase the variance on model parameters. We assigned a priori error
of 0.25 km/s at the inner nodes and 2.5 km/s at the edge nodes (the most outside two
rows and columns), which help to absorb anomalous phase and amplitude data that
cannot be represented by the two plane waves.

The parameters of the two plane waves (i.e., amplitudes, initial phases, and
propagation directions) are first estimated using a simulated annealing method [Press
et al., 1992] and subsequently solved simultaneously with phase velocities in a
generalized linear inversion [Tarantola and Valette, 1982]. Gaussian smoothing
functions are used in solving the average phase velocity in the entire area and three
sub-regions. Since replacing the Gaussian smoothing functions with 2-D, Born
sensitivity kernels improves model resolution of phase velocities in the TPW method
[Yang and Forsyth, 2006; Li, 2011], 2-D, Born sensitivity kernels are calculated using
the determined average phase velocities and used in the inversions for 2-D phase
velocity models.

2.3.2. Shear Wave Velocity Inversion

The second step is to determine shear wave structures from the obtained phase
velocities with a generalized linear inversion. The data for the inversion are the phase
velocities at the 14 periods from 20 to 100 s. The model parameters are crustal

thickness and shear wave velocities in 16 layers from the surface to the top of the
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transition zone (410 km). We used the method of Saito [1988] to calculate the
derivatives of phase velocity regarding model parameters [Li and Burke, 2006]. At a
given period, Rayleigh wave phase velocity is primarily sensitive to S wave velocity
at a broad depth range with a peak sensitivity at 1/3 of the wavelength (Figure 2.5a).
Its sensitivity to P wave velocity is confined at much shallower depths, for example
largely above 50 km at a period of 100 s (Figure 2.5b). P wave velocity in the model
is associated with the shear wave velocity with a fixed VVp/Vs ratio of /3.

Letting mo be a starting model, synthetic data are do = g(mo). The solution to the

general, nonlinear, least squares inversion is given by

Am=(G'C,,G+C) [G'C,Ad —C_ (m—m)] (2.2)

where m is the current model, Am is the change to the current model, Ad is the
difference between the predicted and observed data, G is the Fréchet derivative of the
operator g, Cy, is the a priori data covariance matrix, and Cnyn, is the a priori model
covariance matrix. Off-diagonal terms are introduced into Cpy, to smooth the
solution. Cy, is assumed to have only diagonal terms, which are standard errors from
the inversions for phase velocities. The inversion also apply penalty for deviation
from the initial model mo. Model parameters that are not well constrained by the data
will be close to the starting values.

We first performed the inversion to determine 1-D shear velocity. The starting
model is based on the AK135 model [Kennett et al., 1995]. We modified the crustal
structure in the AK135 model to fit that in NE Tibet. The modified model consists of
3 layers in the crust with a total crustal thickness of 54 km for 1-D shear wave

velocity inversion. A priori standard errors of 0.1 km/s to shear wave velocities and 3
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km to crustal thickness were assigned to allow small perturbations to the initial
model. Additionally, we applied a correlation coefficient of 0.4 between adjacent
layers to smooth the model.

The 3-D shear velocity model is obtained by applying 1-D inversion at each grid
node. Crustal thickness is an important model parameter in the inversion and has a
tradeoff with shear wave velocities in the lower crust and shallow upper mantle. To
have a reasonable crustal thickness in the starting model for each grid node, we
constructed a starting crustal thickness map based on previous receiver function
studies [Du et al., 2011; Pan and Niu, 2011] and refraction studies [Galve et al.,
2002; Liu el al., 2006; Zhang Z. et al., 2011] (Figure 2.6). The crustal thickness
varies signifcantly in the study area from 44 km in the east and north to 64 km in the

southwest.

2.4. Resolution Tests for Phase Velocity Variation

We carried out resolution test to understand resolvability of phase velocities and
their spatial resolution at different periods in the study area. A checkerboard velocity
model with a cell size of 1.5° x 1.5° was constructed and it contained alternating
positive and negative perturbations of +3% with an average velocity of 4 km/s (Figure
2.7a). Synthetic incoming wave field for each event is assumed as the sum of two
plane waves with known initial amplitude, phase and propagation direction. The
choice of the two plane waves is arbitrary. One plane wave propagates at 4° off the
great-circle path with an initial amplitude of 0.7 and the other travels at 10° with an

amplitude of 0.3, which are typical observed directions and normalized amplitudes
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for the primary and secondary plane waves, respectively. The initial phase for both
plane waves is set as zero. Then synthetic amplitude and phase of Rayleigh waves
were computed from the checkerboard model using the same stations, events, and
raypaths from the real data. Random noises of 10% of the maximum phase and
amplitude values were added to the synthetic data. These synthetic data with noise
were used to calculate 2-D phase velocity using the same inversion scheme as was
applied to the real data. As shown in Figure 2.7, the pattern of the velocity anomalies
within and close to the station array (inside the 2% error contour) can be well
recovered at 25, 50 and 91 s (Figure 2.7b, 2.7c, 2.7d). However, fading and smearing
occur around the edge of the model where large errors were given at the edge nodes
and crossing raypaths are not dense (Figure 2.7b, 2.7c and 2.7d). Based on the
resolution test and model variance from the inversions, our discussion below mainly

focuses on robustly determined features.

2.5. Results
2.5.1. 1-D Rayleigh Wave Phase Velocity

Average phase velocities for the entire study region were obtained at the periods
of 20, 22, 25, 28, 30, 33, 40, 45, 50, 59, 67, 77, 91, and 100 s and vary from 3.21
km/s at 20 s to 3.84 km/s at 100 s (Figure 2.8a). In this inversion, phase velocity at
all grid nodes is assumed to be the same and only one model parameter for phase
velocity is solved along with the two-plane wave parameters. The standard error for
each phase velocity is taken from a posteriori model covariance matrix calculated in

the inversion. These phase velocities are significantly lower than those predicted
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from the global model AK135 (Figure 2.8a), indicating a much thicker crust and
slower uppermost mantle. While compared to the average phase velocities in
southeastern (SE) Tibet [Fu et al., 2010], these values are higher in the period range
of 20-45 s and lower at longer periods (Figure 2.8a). This observation reflects that
the crust in NE Tibet is probably thinner than that in the SE Tibet while the upper
mantle is much slower in NE Tibet.

The study area can be divided into three sub-tectonic-provinces, the SGT, the
QQO, and the GAP, that are separated by the Kunlun and Haiyuan faults (Figure 2.1).
The inversion for the average phase velocity in each province is conducted by
assuming same phase velocity at all the nodes within one province (Figure 2.8a).
Phase velocities generally decrease from the GAP in the north to the SGT in the south.
The GAP is characterized with the highest velocities ranging from 3.35 km/s at 20 s
to 4.20 km/s at 91 s while the SGT has the lowest velocities from 3.15 km/s at 20 s to
3.81 km/s at 91 s. The QQO in the middle of the study area has phase velocities that
are comparable to the average phase velocities for the entire study region (Figure
2.8a). The large difference in phase velocities among the three sub-regions reveals
strong lateral variations in the crust and upper mantle in the NE Tibetan Plateau.
2.5.2. 2-D Rayleigh Wave Phase Velocity

2-D phase velocities were calculated at the periods from 20 s to 100 s using the
1-D average phase velocities as starting values. The maps of phase velocity anomaly
at the periods of 20, 30, 33, 45, 59, 77, 91 and 100 s are shown in Figure 2.9a-h. The
standard error of phase velocity was estimated from model covariance matrix and its

distribution across the study area is shown in Figure 2.9i. The standard errors at
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different periods have similar pattern with small errors near the center of the study
region and increasing errors towards the edge. The phase velocity maps are clipped
by the 3% contour of 2¢ at 33 s. The 2-D phase velocities change gradually among
nearby periods due to overlapped frequency bands and depth sensitivity at nearby
frequencies. A low velocity anomaly (up to -6%) is imaged along and to the south of
the Kunlun fault at 20-33 s (Figure 2.9a-c), reflecting a slow or thicker crust.
Velocities at short periods increase gradually northward, likely implying that crustal
thickness decreases from the SGT to the GAP. This implication is consistent with the
variation of crustal thickness obtained from the previous studies (Figure 2.6b) [Galve
et al., 2002; Liu el al., 2006; Zhang Z. et al., 2011; Du et al., 2011; Pan and Niu,
2011]. The slow anomaly of phase velocity is also consistently imaged at 40-100 s,
which are primarily sensitive to the depths of 50-150 km, indicating a slow or thin
lithosphere beneath the Kunlun fault. This is a well resolved feature; the magnitude
of the anomaly is still more than 2% at the longest period and is well above the 1% 2c
value at this location.

2.5.3. 1-D Shear Wave Velocity (Vsv)

In order to derive geological information of NE Tibet, we performed a
generalized linear inversion to produce shear wave velocity model from phase
velocities. The resolution of shear wave velocity model can be evaluated from the
resolution matrix calculated from the inversion. As shown in Figure 2.10, the peak
values at the rows of resolution matrix for the 1-D reference model varies from 0.68
at 25 km to 0.3 at 110 km, indicating that resolution for shear wave velocity generally

decreases with increasing depth. Although shear wave velocity in each layer cannot
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be independently resolved, the values in the resolution matrix suggest that the average
velocity of 40 km in the crust and of 60 km in the shallow upper mantle can be well
determined when the sum of the adjacent peak values reaches to 1. Despite of reduced
sharpness, the peaking values can still be clearly recognized at 150 km, indicating
reasonable resolution at this depth. We therefore focus our description and discussion
on velocity models above 150 km depth.

Compared to the AK135 model, shear wave velocity in the average 1-D model
of the study area is significantly slower in the lower crust and upper mantle with
velocity of 3.59 km/s at 35 km and 4.05 km/s at 140 km (Figure 2.8b). Similar low
velocity anomalies are observed by Zhang Q. et al. [2011] in a region slightly
southeast to our study area. However, the shear wave velocity values from Zhang Q.
et al. [2011] are ~0.3 km/s higher than those from this study at corresponding depths.
This difference between the two studies is reasonable for the change of tectonic
provinces from plateau and mountain ranges in the west to strong basin and platform
in the east.

1-D shear wave velocity models for the three sub-regions were determined from
their corresponding average Rayleigh wave dispersions (Figure 2.8b). Based on
crustal thickness from the previous receiver function studies [Pan and Niu, 2011; Du
et al., 2011] and the refraction seismic studies [Galve et al., 2002; Liu el al., 2006;
Zhang Z. et al., 2011], we fixed the average crustal thickness in the inversions at 50
km for the SGT, 54 km for the QQO, and 58 km for the GAP. Shear wave velocities
in the GAP are in agreement with the AK135 model. Shear wave velocities in the

QQO are comparable to the average shear wave velocity of the entire study area,
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while shear wave velocities in the SGT are much lower in the lower crust and shallow
upper mantle from 35 to ~140 km than the average of the whole area. These 1-D
velocity models clearly illustrate strong lateral variation of shear wave structure in
NE Tibet, which can be better viewed from the 3-D model.

2.5.4. 3-D Shear Wave Velocity (Vsv)

A 3-D shear wave velocity model was developed by combining 1-D shear wave
models at all grid nodes. The absolute shear wave velocity maps at 6 layers from the
lower crust to 150 km are shown in Figure 2.11 and a cross-section of absolute shear
wave velocity and velocity perturbation are shown in Figure 2.12. The profile A-A’ is
roughly perpendicular to the Kunlun fault and the Haiyuan fault, crossing the SGT,
the QQO, and the GAP.

Similar to the anomaly pattern in phase velocity maps, pronounced low shear
wave velocities appear at the Kunlun fault in the lower crust and extends to at least
150 km depth (Figure 2.11 and 2.12c). The low velocity anomaly shifts a little
westward along the Kunlun fault with increasing depth. The center of the anomaly is
up to -3% and located right beneath the bend of the eastern Kunlun fault (Figure
2.12c). This anomaly is relative to the already low velocity in the 1-D average model
and its absolute shear velocity is about 4 km/s, which is 0.5 km/s slower than the
global average. The slow anomaly at the bend of the eastern Kunlun fault was also
imaged in a recent P wave tomography model [Zhang et al., 2012]. Our absolute
shear velocities, although very low, are consistent with those from large scale
Rayleigh wave tomography in NE Tibet [Chen et al., 2010]. The high velocity

anomalies in the lithosphere are observed in the relatively low elevation areas in the
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Qilian-Qinling Orogen (Figure 2.11), close to the Qaidam Basin. The relative high
velocity lithosphere is presumably strong and resistant to large deformation as

occurred in the surrounding region.

2.6.  Discussion

One main observation from our study is a generally slow upper mantle with a
low velocity layer at the depths of 80 km to 140 km beneath NE Tibet (Figure 2.8b
and 2.12b). Similar low velocity anomalies are observed in northern Tibet in regional
Rayleigh wave tomography [Chen et al., 2010; Zhang Q. et al., 2011]. A sharp
velocity drop starts at ~80 km depth beneath the Songpan-Ganzi Terrane and at ~100
km beneath the Qilian-Qinling Orogen (Figure 2.8b and 2.12b), indicating a shallow
lithosphere-asthenosphere boundary (LAB). A similar velocity drop is also observed
in a large-scale shear wave velocity model, but at the depth of ~110 km in the same
region [An and Shi, 2006]. Our observation of LAB is 30-50 km shallower than that
in An and Shi [2006], who estimated the lithosphere thickness beneath the
northeastern Tibetan Plateau and the Qinling Orogen at ~110-150 km. The
differences among these studies are due to different data, methods, and different
criteria of defining the LAB in different studies. For instance, the LAB in this study
is based on seismic velocity reduction while the LAB from An and Shi [2006] is
based on temperature variation with depth. An overall thin and weak lithosphere in
this area could explain the high elevation in the Kunlun Mountain and Qilian-Qiling
Orogen to the first order and the relatively high heat flow values in the NE Tibetan

Plateau observed from a large-scale heat flow map [Hu et al., 2000].
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Our model shows relative low velocity anomalies along and to the south of the
Kunlun and high velocity anomalies in northeast (Figure 2.11). To the first order, this
observation is consistent with large-scale tomography models in Tibet [McNamar et
al., 1997; Liang and Song, 2006; Pei et al., 2007; Huang and Zhao, 2006; Li et al.,
2006; Yang et al., 2010, Li and van der Hilst, 2010; Obrebski et al., 2012] that
generally imaged low velocity anomalies beneath the Songpan-Ganzi Terrane with
the Kunlun fault as the northern boundary, indicating a hot and deformable
lithosphere.

The most interesting feature in the 3-D model of NE Tibet is a local low velocity
anomaly in the shallow upper mantle beneath the restraining bend of the Kunlun fault
(Figure 2.11 and Figure 2.12c), where high topography and thick crust are observed
(Figure 2.1, 2.6, and 2.11). Is this anomaly a local feature or a simple extension of
the anomaly beneath the Songpan-Ganzi Terrane as imaged in large-scale models
[Yang et al., 2010, Li and van der Hilst, 2010; Obrebski et al., 2012]? We conducted
additional resolution tests to address this question. In the first test, we used an input
model with the Kunlun as the boundary separating -3% phase velocity anomaly to the
south from +3% anomaly to its north. The pattern of phase velocity anomalies can be
well recovered at all periods (Figure 2.D1), demonstrating that a broad and uniform
slow anomaly to the south of the Kunlun cannot be mapped as a local slow anomaly
under the Kunlun bend. Then we added -3% and -5% anomaly at the bend of the
Kunlun to the first model (Figure 2.D2 and 2.D3, respectively). If the local slow
anomaly at the Kunlun bend is a simple extension of the large-scale anomaly (with

the same magnitude anomaly at the bend of the Kunlun, Figure 2.D2), the experiment
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shows that the recovered anomaly is stronger at the Kunlun bend at some periods (e.g.,
33 and 91 s) and appears as a local anomaly, but not at all periods (for instance at 59
s). If the anomaly at the Kunlun bend is stronger than the broad slow anomaly to the
south due to local contribution (Figure 2.D3), such anomaly distribution can be well
recovered at all periods, which are consistent with the observations. So although we
cannot completely rule out the possibility that the imaged local slow anomaly at the
Kunlun bend is part of the large-scale slow anomaly in Tibet, the observations
suggest a local variation or contribution.

The cause of such a local low velocity anomaly at the bend of the Kunlun may
hold a key question to understanding the dynamics of the Kunlun fault and its role in
forming the NE Tibet plateau. One possible explanation for the slow anomaly is
Songpan-Ganzi flysch, a Triassic-Permian shale deposited in a remnant ocean basin
and subducted in the Triassic [Kapp et al., 2000]. However, the subduction of the
Songpan-Ganzi flysch is suggested at a low angle, which is different from the sub-
vertical anomaly geometry in the shear wave velocity model (Figure 2.12). In
addition, the observed slow anomaly is right beneath the Kunlun fault, not in the
Songpan-Ganzi Terrane where the flysch is identified (Figure 2.1). We therefore
conclude that the Songpan-Ganzi flysch is unlikely the cause of the observed low
velocity anomaly beneath the Kunlun fault.

This low-velocity anomaly could be caused by high temperature and associated
partial melt. A 100 °C increase of temperature in the shallow mantle would yield a
1.1% decrease of shear wave velocity [Nataf and Richard, 1996]. Then, a -3%

velocity anomaly would correspond to a ~300 °C high temperature excess. Such
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anomalous high temperature would induce partial melting in the uppermost mantle.
The absolute shear wave velocity at the center of the anomaly at 120 km depth is
about 4.0 km/s, which is comparable to that beneath Iceland, an area with hotspot and
mid ocean ridge [Li and Detrick, 2006], and requires the presence of partial melt.
This is not a surprising result as widespread partial melting in the Tibetan Plateau has
been suggested in a variety of studies [e.g., Arnaud et al., 1992; Yang et al., 2010;
McNamara et al. 1994, 1997; Owen and Zandt, 1997; Guo et al., 2006].

The question is why the temperature beneath this segment of the Kunlun fault is
elevated. Given that the Kunlun is a major strike-slip fault in Tibet, shear heating
might account for part of the suggested high temperature. In fact, shear heating has
been proposed beneath the Red River Fault [Leloup et al., 1993, 2001; Scharer et al.,
1990] and the Altyn-Tagh fault [Van der Woerd et al., 1998; Wittlinger et al., 1998]
in Tibet. However, it is concluded that shear heating could not usually increase
temperature more than 200 °C along the Kunlun fault with a slip rate of 10-12 mm/yr
[Fleitout and Froidevaux, 1980; Leloup et al., 1999]. Moreover, the eastern Kunlun
fault has a lower slip rate (~2 mm/yr) [Kirby et al., 2007] and has been suggested to
be a crustal level fault from seismic reflection tomography [Wang et al., 2011].
Therefore the low velocity anomaly centered at ~120 km depth requires other
contributions to account for the high thermal anomaly.

Another heat source for the low velocity anomaly beneath the Kunlun fault is
from asthenosphere upwelling caused by removal of a thick lithosphere root. The low
velocity anomaly is located right at the restraining bend of the Kunlun fault, which

was documented geomorphologically by Harkins et al. [2010] (Figure 2.1). Here the
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slight change of the strike direction could result in local compression and thickening
of the lithosphere. The large slip rate of 10-12 mm/yr on both east and west ends of
the eastern Kunlun bend [Van der Woerd et al., 2002] suggests local compression
could be significant at the Kunlun restraining bend. The total shortening would
approximately be in a range of 65-120 km assuming that the Kunlun fault initiated at
15-8 Ma [Fu and Awata, 2007; Jolivet et al., 2003; Kirby et al., 2007]. Pronounced
shortening is indicated by large duplex structures imaged in a refraction seismic
profile across this area [Wang et al., 2011]. Thick crust in this area (Figure 2.6)
[Galve et al., 2002; Liu el al., 2006; Zhang Z. et al., 2011; Du et al., 2011; Pan and
Niu, 2011] is also evident for local compression at the eastern Kunlun restraining
bend. However, a low velocity anomaly and a relatively thin lithosphere are imaged
beneath the thick crust rather than a fast anomaly and thick lithosphere as expected in
this locally compressional setting. This apparent paradox can be easily understood as
a result of the delamination of a thick lithosphere root.

The process and consequence of lithosphere delamination have been investigated
by several researchers using numerical models [Elkins-Tanton, 2005; Elkins-Tanton,
2007; Houseman and Molnar, 1997]. A thick lithosphere root caused by local
compression at the restraining bend was colder and denser than the surrounding
asthenosphere, which produced gravity instability and resulted in root delamination.
As the dense lithosphere sinks, the asthenosphere is sucked into the resulting
lithospheric dome and may melt adiabatically [Elkins-Tanton, 2005; Elkins-Tanton,
2007]. Additionally, the removed and sinking lithosphere material would trigger

further melting due to dehydration as it reaches higher temperatures and pressures
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[Elkins-Tanton, 2005; Elkins-Tanton, 2007]. The presence of ~1% partial melt in the
upper mantle would give ~2-4% Vs variations [Takei, 2000], consistent with our
observations. The fact that no active volcanism occurs above the slow anomaly is
probably due to a relatively low melt production, and the thick crust and a local
compressional environment that are not conducive to melt migration to the surface.
Further quantitative geodynamic modeling is required to better understand such
process at the restraining bend of the Kunlun fault with more realistic geological and
geophysical constraints, which is beyond the scope of this paper.

Whether the Kunlun fault is on a crustal or lithospheric scale is important for
understanding its response to the collision between the Indian and Eurasian plates.
The results from receiver function [Vergne et al., 2002] and the fault-parallel fast
directions from anisotropy [Li et al., 2011; Zhang Q. et al., 2011] have suggested that
the Kunlun fault likely penetrates to the lithospheric mantle, consistent with
suggestions from many previous studies [Tapponnier et al., 2001; Chung et al., 2005;
Herquel et al., 1999, Herquel and Tapponnier, 2005; Kind et al., 2002]. However, a
seismic refraction study [Wang et al., 2011] across the eastern Kunlun imaged sub-
horizontal reflectors in the middle crust and argued for the decoupling deformation
between the crust and the mantle. We observed a local slow anomaly in the shallow
upper mantle beneath a thick crust at the bend of the Kunlun fault and interpreted the
slow anomaly as asthenosphere upwelling caused by the removal of a locally
thickened lithosphere. In this scenario, the compression at the bend of the fault strike
caused coherent deformation in the crust and mantle lithosphere to produce a thick

lithosphere root, implying that the Kunlun is a lithosphere-scale fault. In addition, no
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low velocity layer is imaged in the lower crust of the Kunlun in NE Tibet. The
Kunlun fault could have penetrated in the mantle lithosphere on a broad scale and
accommodated large parts of the plateau’s eastward extrusion resulted from the

ongoing collision between India and Eurasia.

2.7.  Conclusions

We have computed average and 2-D phase velocities and then determined 1-D
and 3-D shear wave structure from Rayleigh wave data recorded at the NETS array.
The average shear wave models in the Songpan-Ganzi Terrane and the Qilian-Qinling
Orogen are characterized by a slow upper mantle with a sharp velocity reduction at
~80-100 km, implying a shallow lithosphere-asthenosphere boundary. The generally
thin and slow mantle lithosphere is probably mechanically weak and easily deforms.
This observation helps to understand active deformation and vigorous plateau
building processes in NE Tibet. The low velocity layer from 80 to 140 km indicates a
hot and weak asthenosphere, which might be caused by a regional-scale lithospheric
removal in NE Tibet or heated up from the hot asthenosphere in central Tibet.

A significant low velocity anomaly up to -3% is observed beneath the restraining
bend of the eastern Kunlun fault centered at ~120 km depth. We interpret this
anomaly as a local feature although it cannot be completely excluded that it is the
northern extension of the large-scale anomaly to the south of the Kunlun. The low
velocity anomaly is probably caused by high temperature and associated partial
melting from asthenosphere upwelling resulted from localized detachment of a thick

lithosphere root. Viscous strain heating due to slip along the Kunlun fault may also
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account for part of the high thermal anomaly in the crust but cannot be the main cause
of the anomaly. The removed thick lithosphere root would have required coherent
deformation in the crust and mantle. In addition, no low velocity layer is imaged in
the lower crust beneath the eastern Kunlun. The Kunlun fault in NE Tibet is therefore
probably a lithosphere-scale fault and accommodates large amount of the plateau’s

eastward extrusion.

2.8.  Appendix

Appendix 2.A: Comparison of predicted and observed Rayleigh wave amplitudes

and phase at 50 s.
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Figure 2.A. Comparison of predicted and observed Rayleigh wave amplitudes and
phase at 50 s.
Appendix 2.B: The complexity of incoming Rayleigh wave wavefield

The complexity of incoming wavefields is reflected in Figure 2.Ba, showing the
amplitude ratio between the smaller and the larger plane wave at 25 s. Sixteen of 76

events have the amplitude ratio larger than 0.5, indicating significant multipathing or
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scattering along the raypath (Figure 2.Ba). In addition, most primary plane waves, the
one with the larger amplitude, lie within 5° from the great-circle path (Figure 2.Bb),

while the propagation directions of secondary waves are much more scattered (Figure

2.Bc).
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Figure 2.B (a) Amplitude ratios of the smaller of the two plane waves to the larger. (b)
Deviation of the propagation directions of the primary plane waves from the great-
circle directions of the events at 25 s. (c) Same as Figure 2.Bb but for the secondary

plane waves.
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Appendix 2.C: 2-D Born Sensitivity Kernels

Ray theory breaks down when the length scale of lateral structure is smaller than
the seismic wavelength because of the finite frequency of seismic waves. 3-D surface
wave sensitivity kernels were developed by Zhou et al. [2004] to account for the
finite-frequency effects. Based on a forward-scattering approximation, the 3-D Born
kernels can be reduced to form the 2-D sensitivity kernels expressing the sensitivities

to the local phase velocity perturbation, &c/c. They are defined as
sd = [[_K;(F,)(5c/c)dQ

where the integration is over the unit sphere, T is the vertical unit vector, and o is the
angular frequency [Zhou et al., 2004]. & can be the phase delay, o¢ , or the relative
amplitude variation, 5In A, with corresponding phase kernel K;(F,)or amplitude
kernel K;(f,w).

Yang and Forsyth [2006] modified the 2-D sensitivity kernels from Zhou et al.
[2004] for an incident plane-wave on the Earth’s surface, and applied them in the

TPW method for regional Rayleigh wave tomography. According to Yang and

Forsyth [2006], the 2-D sensitivity kernels for a plane wave are described as

2" A—i[kx —kAX+7/4]
K (F ) = Im{k Re ]

20" A—ilkx —kAx+7/4]
: K (F ) = —Re| XR®
R/ 27kx

R/ 277kx

where k is the wave number of surface waves, x is the distance from a scatter to a

receiver and Ax is the differential propagating distance between the direct incoming

wave arriving at the receiver and arriving at the scatter; R and R are receiver

polarization vectors for direct incoming waves and scattered waves, respectively
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(Figure 2.C1). We applied this 2-D sensitivity kernel to account for finite-frequency

effects improving resolution on 2-D phase velocity (Figure 2.C2).
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Figure 2.C1. The schematic figure of single scattering for a plane surface wave

propagating from left to right [Yang and Forsyth, 2006]. X js the scatter-receiver
distance; y is the perpendicular distance from the scatterer to the direct incoming ray
recorded by the receiver; AX is the differential propagating distance between the

direct incoming wave arrived at the receiver and that arrived at the scatterer.
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Figure 2.C2. Maps of 2-D sensitivity kernels at surface for a 50 s plane Rayleigh
wave. The kernels are smoothed with a Gaussian smoothing length of 80 km. Black

triangles denote receivers.
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Appendix 2.D Resolution Tests for the Low Velocity Anomaly Beneath the
Restraining Bend of the Kunlun Fault

We conducted additional resolution tests on three models to address whether the
low velocity anomaly is a local feature or a simple extension of the large-scale slow
anomaly in Tibet. The results of these tests are shown in Figure 2.D1, 2.D2, and 2.D3.
The tests show that this anomaly might connect to the large scale anomaly but it need
to be additionally stronger in order to be consistently observed at all periods. Without
the additional strength, a localized slow anomaly is not always present at the

restraining bend of the Kunlun fault.
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Figure 2.D1. Input and recovered phase velocity models (a) The input model with
anomalies separated by the Kunlun fault. (b-d) Recovered models at periods of 33,
59 and 91 s. White lines denote contours of 2c on phase velocity perturbation at

corresponding periods. Thin black lines are contours of phase velocity anomaly.
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Figure 2.D2. Input and recovered phase velocity models. (a) The input model with
the slow anomaly extending across the Kunlun at the restraining bend. (b-d)

Recovered models at periods of 33, 59 and 91 s.
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Figure 2.D3. Input and recovered phase velocity models. (a) The input model with -5%
anomaly at the bend of the Kunlun fault. (b-d) Recovered models at periods of 33, 59

and 91 s.
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Figure 2.1. Map of seismic stations superimposed on topography in northeastern
Tibet. The white box in the inset figure indicates the study area on a large scale. Red
triangles and blue triangles represent the NETS stations with CMG3ESP sensors and
CMG3TD sensors, respectively. The enclosed black dash line marks the restraining
bend at the eastern Kunlun fault. The enclosed blue dash line approximately
represents the distribution of Songpan-Ganzi flysch [Yin and Harrison, 2000]. KF,

Kunlun fault; HF, Haiyuan fault; KLM, Kunlun Mountains.
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Figure 2.2. Waveforms of Rayleigh waves at station TODE from an earthquake that
occurred in Japan. The waveform on the top is a broadband Rayleigh wave train, and
other waveforms are filtered with a 10 mHz width filter centered at frequencies from
7 to 50 mHz. The amplitudes of Rayleigh wave at the highest frequency are almost 30

times larger than those at the lowest frequency. The waveforms are scaled to fit the

frame.
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Figure 2.3. Distribution of teleseismic events (solid circles) used for Rayleigh wave
tomography. Triangle denotes the center of the NETS array. Epicentral distance from

the center of the seismic array is marked by large concentric circles with numbers.
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Figure 2.4. Great-circle ray paths at a period of 33 s. Red triangles represent seismic

stations. The red lines represent faults.
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Figure 2.5. Rayleigh wave sensitivity kernels for S wave (a) and P wave (b) at periods
of 20, 33, 59, 77 and 100 s based on the shear velocity model AK135 [Kennett et al.,

1995].
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Figure 2.6. (a) Crustal thickness obtained from active source seismic profiles and
receiver functions. The active source seismic profiles include the Gonghe-Yushu
profile (GY) [Galvé et al., 2002] marked by brown color, the Darlag-Lanzhou-
Jianbian profile (DLJ) [Liu et al., 2006] marked by dark gray color, and the Moba-
Guide profile (MG) [Zhang Z. et al., 2011] marked by light blue color. The values
represent crustal thickness at corresponding locations. The yellow and red color and
their corresponding values represent the crustal thickness obtained from receiver
functions [Du et al., 2011, Pan and Niu, 2011], respectively. (b) Crustal thickness

map in our study area by interpolating crustal thickness values in (a).
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Figure 2.7. Input and recovered checkerboard models for resolution tests on Rayleigh
wave phase velocities. (a) The input model with anomaly size of 1.5° x 1.5°. (b-d)
Recovered models at periods of 25, 50 and 91 s. The black line denotes contour of 2¢

on phase velocity perturbation at corresponding periods. Triangles denote the stations.
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Figure 2.8. (a) Average phase velocities in northeastern Tibet (purple), southeastern

Tibet [Fu, et al., 2010] (dashed line), and the three sub-regions (the Gobi-Ala Shan

Platform in red, the Qilian-Qinling Orogen in blue, and the Songpan-Ganzi Terrane in

green) of the study area. Black line is for the predicted phase velocities from the

model AK135. Lines represent the fitting curve of the data points. (b) 1-D shear wave

velocities obtained by inverting the phase velocities in (a) and the AK135 model. One

standard errors of shear wave velocity under the entire region are plotted at the mid-

depth of each layer.
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Figure 2.9. Maps of phase velocity perturbations and their standard errors. (a)-(h)
Lateral variations of phase velocities at 8 periods between 20 and 100 s. The
perturbations are calculated with respect to the average values (purple) in Figure 2.8a.
The white lines are the contour of 2c of phase velocity perturbation at the
corresponding periods. (1) Distribution of 2c of phase velocity perturbation at 33 s.

The maps are clipped using the 3% contour in (i).
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Figure 2.10. Rows of the model resolution matrix for layers at mid-depths of 25, 67,
110, 150, 190, 230 km. The resolution matrix is calculated from the inversion for the

reference model.
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Figure 2.11. Absolute shear wave velocity maps at the depths of 30-150 km. The unit

for color bars are km/s. Black line indicates the location of the cross-section shown in

Figure 2.12.
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Figure 2.12. Cross-section of absolute shear wave velocity and velocity perturbation
in the crust and upper mantle. The location of the cross-section is marked as a black
line in Figure 2.11d. The length of cross-section is plotted in the same scale. SGT,
Songpan-ganzi Terrane; QQO, Qilian-Qinling Orogen; GAP, Gobi-Ala Shan Platform;
KF, Kunlun fault; HF, Haiyuan fault. (a) Topography variations along the cross-
section. (b) Absolute shear wave velocity. The black line represents the Moho depth
and the unit of color bar is km/s. The dash blue line represents the approximate
lithosphere-asthenosphere boundary (LAB) depths. (c¢) Shear wave velocity
perturbation. The velocity anomaly is relative to the average shear wave velocities at
different depths (solid purple line) shown in Figure 2.8b. The unit of color bar is

percentage.
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Chapter 3. Radial Anisotropy in the Northeastern

Tibetan Plateau from Surface Wave Tomography

Abstract

A three-dimensional radial anisotropic model of crust and upper mantle beneath the
NE Tibetan plateau is constructed from measurements of Love wave dispersions and
previously obtained Rayleigh wave dispersions in order to understand dynamic
processes at the boundary of the plateau. First, the original two-plane-wave
tomography (TPW) method was modified and applied to the Love wave data at 13
periods from 20 to 91 s recorded at the Northeast Tibet Seismic (NETS) array to
obtain phase velocities. Then a 3-D Vsy model was computed from the Love wave
phase velocities. The 3-D radial anisotropic model was developed using this Vsy
model and the Vsy model from Rayleigh wave tomography. Similar to the Vsy model,
a low Vsy anomaly appears at the Kunlun restraining bend in the crust and shallow
upper mantle while a broad fast anomaly exists to the north of the Kunlun Mountain
and extends across the Haiyuan fault. Negative radial anisotropy (Vsyv>Vsy) is present
in the shallow crust especially beneath high mountain belts, reflecting horizontal
shortening and vertical extension. The lower crust is characterized with positive
anisotropy (Vsu>Vsy) with large strength beneath the Qinling and Qilian orogens and
relative weak values beneath the Kunlun restraining bend and its vicinity. The large
positive anisotropy can be explained by horizontal alignment of anisotropic minerals
such as mica at the formation of lower crust. The mantle lithosphere above 90 km is

largely isotropic while weak positive anisotropy appears beneath 90 km, which
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probably marks the lithosphere-asthenosphere boundary. The Kunlun restraining
bend and its surrounding region are distinguished by a relatively negative radial
anisotropy in the entire lithosphere, providing evidence for coherent lithosphere
deformation in this area where local compression stress is high. Such coherent
lithosphere deformation is not observed in the eastern portion of the Kunlun neither in
the Qinling and Qilian orogens, suggesting that the magnitude of lithosphere
shortening in most of the NE Tibet is not as strong as in the interiors of the plateau.

These findings reflect complex deformation pattern in the NE Tibetan plateau.

3.1.  Introduction

The northeastern (NE) Tibetan plateau is experiencing active mountain building
and strike-slip faulting, is therefore an ideal place to study the growth of the plateau.
This tectonically complex region is bounded with the mechanically strong Gobi-
Alashan platform in the north, the Ordos block in the northeast, and the Sichuan
Basin in southeast (Figure 3.1). The 1000 km-long left-lateral NW-SE trending
Haiyuan fault defines the northern boundary of the plateau. Another major left-lateral
fault, the Kunlun fault, crosses the region in the south [Molnar and Tapponnier, 1975;
Tapponnier and Molnar, 1977; Burchfiel et al., 1991]. The region between the
Kunlun and Haiyuan faults is a wide transpressional zone [Meyer et al., 1998] within
which numerous smaller strike-slip faults and the Qilian, East Kunlun and West
Qiling mountain ranges are present. Several models have been proposed to explain
the deformation of the NE Tibetan plateau. Crustal flow was suggested to explain

azimuthal anisotropy in the mid-lower crust in this region [e.g., Li et al., 2011]. A
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recent study suggests that a localized lithosphere drip exists beneath a restraining
bend of the Kunlun fault [Li et al., 2013]. However, a regional scale lithospheric
delamination beneath the Songpan-Ganzi Terrane and West Qiling Orogen, instead of
localized lithospheric drip, was suggested to be resulted from the east directed upper
mantle flow [Zhang et al., 2012]. Although a number of studies have been conducted
in this region, how the deformation distributes as a function of depth remains
debatable. Whether the lower crust and upper mantle are coupled or decoupled is at
the center of debates.

Seismic anisotropy, which is resulted from the alignment of anisotropic minerals
or lattice-preferred-orientation of olivine crystals, can allow us to investigate
deformation in the lithosphere and mantle flow in the upper mantle. Seismic
anisotropy in the NE Tibetan plateau has been obtained from Pn tomography [Liang
et al., 2004; Pei et al., 2007], shear-wave splitting [Li et al., 2011; Chang et al., 2008]
and Rayleigh wave tomography [Zhang et al., 2011]. The Pn tomography results
suggested an NW fast direction in the region near the restraining bend of the Kunlun
fault and an E-W fast direction in the Qilian Orogen [Liang et al., 2004; Pei et al.,
2007]. Recent shear wave splitting studies indicate fault-parallel and orogen-parallel
fast direction in the vicinity of the Kunlun fault (Figure 3.1), suggesting the coherent
deformation between the crust and lithospheric mantle [Li et al., 2011; Zhang et al.,
2012]. However, azimuthal variations from Rayleigh wave phase and group velocities
[Yi et al., 2010] showed the presence of different anisotropic layers, indicating the
existence of lower crustal flow and mechanical decoupling of the upper crust and

upper mantle in NE Tibet. Additionally, Li et al. [2011] observed two anisotropic
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layers from shear wave splitting in the wide transpressional zone between the Kunlun
and Haiyuan faults (Figure 3.1). The fast direction for the upper layer in the N75-
95°E range, consistent with surface movement direction, was interpreted to be related
to mid-lower crustal flow [Li et al., 2011]. The fast direction in the lower layer in the
N105-125°E range could be associated with the current orogenesis, or asthenosphere
flow. This observation is consistent with the azimuthal anisotropy from surface wave
tomography, which also suggested the existence of asthenosphere flow in the West
Qinling [Zhang et al., 2010].

These measurements have provided some constraints on lithosphere deformation
and mantle flow in NE Tibet. However, they are limited by the ambiguities between
anisotropy and interface depth, and lateral resolution. For example, Pn anisotropy can
provide information just below the Moho, but fail to constrain the deeper structure of
the lithosphere. Anisotropy from shear wave splitting is a lack of vertical resolution;
while those from Rayleigh wave tomography are limited by lateral resolution. Radial
anisotropy associated with a transversely isotropic medium has not been studied in
NE Tibet. It can be determined by discrepancy between Rayleigh and Love wave
dispersion curves. In this study, we constructed a 3-D radial anisotropic model in NE
Tibet using Rayleigh and Love wave phase velocities measured from the two-plane-
wave (TPW) inversion method [Forsyth and Li, 2005] to investigate vertical

distribution of lithosphere deformation.
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3.2. Data Analysis

We analyzed Love wave data recorded by the Northeast Tibet Seismic (NETS)
array that consisted of 36 broadband seismic stations and operated between July 2008
and July 2010 (Figure 3.1). Teleseismic events with magnitude > 5.8, focal depth <
100 km and epicentral distance between 25° and 120° are selected for surface wave
analysis (Figure 3.2). Transverse component seismograms were filtered at 13 center
frequencies (i.e., 11, 13, 15, 17, 20, 22, 25, 29, 33, 36, 40, 45 and 50 mHz) with a
series of 10 mHz wide, zero-phase, 4th order Butterworth filters. Love wave
waveforms are automatically windowed at all stations based on the calculated Love
wave envelopes. Time window for a certain event was determined based on phase
velocities at the shortest and longest periods predicted from the AK135 global model.
Figure 3.3 is an example of windowed waveforms for Rayleigh wave on the vertical
component and Love wave on the transverse component. After automatically
windowing and filtering Love waves, we visually inspected individual waveform for
its signal/noise ratio and consistence with that at nearby stations and removed the
poor quality waveforms.

Love wave data generally have lower signal-noise ratios than Rayleigh waves.
Therefore, fewer events and ray paths are expected for Love wave. Interference due to
multipath and higher modes is much stronger at periods between 25 and 40 s than at
other periods (Figure 3.4) and the useful data in this period range are significantly
smaller than Rayleigh waves (Figure 3.5). Raypath number decreases from median
periods to short periods and long periods (Figure 3.5 and 3.6). The ray path coverage

illustrates relatively high ray path density in the east and south of the study area,
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while the ray density to the west, northwest and southwest is relatively low (Figure
3.6).

Fourier analysis was applied to determine amplitude and phase of Love wave
trains in different frequency bands after correcting instrument responses, filtering and
windowing the records. Geometrical spreading and attenuation compensation were
conducted as described by Li et al. [2003]. The attenuation coefficients used herein
are from Mitchell [1995] for tectonically active regions. The amplitude and phase
information from Fourier analysis are used for calculating the 1-D and 2-D Love

phase velocities.

3.3. Method

We followed a two-step inversion procedure. First, one-dimensional (1-D) and
two-dimensional (2-D) fundamental mode Love wave (20-91 s) phase velocities were
measured using a two-plane-wave method that is similar to the method used for
Rayleigh waves [Forsyth and Li, 2005; Li et al., 2003]. The TPW method for
Rayleigh wave has been extensively used in a variety of regions [e.g., Li et al., 2003;
Weeraratne et al., 2003; Forsyth and Li, 2005; Li et al., 2005; Li and Detrick, 2006;
Fu et al., 2010; Chen and Li, 2011; Zhang et al., 2011]. However, this method
cannot be directly applied to Love waves. In this study, we modified the original
algorithm and extended the TPW tomography method to Love waves to obtain 1-D
and 2-D Love wave phase velocities. The two-plane-wave method for Love waves is
described in details below.

3.3.1. Love Wave Tomography using the TPW Method
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To represent the incoming wave with two plane waves, a local coordinate system
for the TPW method is set up for each event with the origin at a reference station
(Figure 3.7), where the two plane waves are in phase and their constructive
interference generates the largest amplitude in the array. The x-coordinate is the
distance along the great-circle path between the reference station and any point in the
area. The y-coordinate of a point is defined as the distance along the perpendicular,
small-circle path passing from that point to the great-circle path through the reference
station (Figure 3.7b).

For a given frequency w, the incoming wave field is considered as the
interference of two plane waves represented by the following expressions in polar

coordinates (r,w)centered on the reference station and oriented in the great-circle

path [Forsyth and Li, 2005]. The transverse displacement is of the form

U=, Aexp(—i‘s)+, A exp(—i‘“s,) (3.1)
where 4 =14 +'i<_sa){'i‘rcos(‘i‘l//— i‘gl)_ ii(X}er(li(T_ i7) (3.2)
and

‘g, = °¢, +§a){'frCOS(Kl//— -192)_ IfX}+a)(l'(z-_ i7)

i i i i i i i ! 7. (33)

‘U is total displacement; ;A and A, are the amplitude of the two plane waves,
respectively; ’4, and °¢, are the phases of the two waves at the reference station; ‘z
and °zare the travel times along the ray path from the edge of the study area to the k-

th and reference station; ,.9 and 4, are the angular deviations from the ray path of
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the two waves; r and y are the distance and angle in the local polar coordinates (r, ),

respectively. T_S is the average slowness for each ray path and is defined as

KS = [21(X =  Xegge) + 2T (OX = X0 )]/ 2

(3.4)
where 7 is the integrated travel times along ray path:
ir= [ Sdx (35)
i Xedge
S is the slowness at each grid point that can be written as:
5= i1V 356)

where N is the number of grid points, and ;w; is the weighted Gaussian function for
the ith event at the jth grid node and can be expressed as:

(X_ixj)2+(y_iyj)2]
B 3.7)

iW; = exp[—

where x and y are the location based on the coordinate system employed differently

for each event, ;x;and ;y;are the location of the jth grid node in the coordinate

system of the ith event. Lw represents characteristic length that controls the shape of
Gaussian function and the smoothness of phase velocity map [Li et al., 2003; Li,
2011].

In the Rayleigh wave inversion, only the vertical components are used and the
amplitudes of the two plane waves can be added directly. Love wave particle motion
that is on the transverse component and perpendicular to the great-circle ray path is

slightly different between the reference station and other stations in the network
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(Figure 3.7b). Therefore they have to be decomposed to two orthogonal components
(X and Y components) for further analysis.

The amplitudes of X and Y component for Love wave at a station are
approximately expressed as A, = Asin(d¢) and A, = Acos(d¢p), where A is the
amplitude of Love wave at the station and d¢ is the difference in azimuth between the
great-circle path to the reference station and to the interested station. Love wave
amplitude for the two plane waves can be written as

Ay = A;sin By, Ay = Aj cos 6y, (3.8)

Ayx = AysinB,, Ay, = A cos 0y, (3.9
where index 1 and 2 are for plane wave 1 and 2, respectively, A; or A, is the Love
wave amplitude for each plane wave and 6, or 0, is the angle between the raypath of
the plane wave and the x direction, the great-circle path to the reference station.

After decomposing Love wave particle motion in X and Y component, then the
interference between the two plane waves can be calculated directly for each
component. And the rest of the inversion is similar to that for Rayleigh waves
[Forsyth and Li, 2005].

The study area was parameterized with 270 grid nodes with a spacing of 0.5
degree. we used 80 km as a characteristic length for all frequencies to smooth the
phase velocity models in this study according to previous study [Li et al., 2003].
Additionally, we assigned a priori error of 0.25 km/s at the inner nodes and 2.5 km/s
at the edge nodes (the most outside two rows and columns), which helps to absorb
anomalous phase and amplitude data that cannot be represented by the two plane

waves to reduce artificial effects on phase velocities at the inside nodes. The
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parameters of the two plane waves (i.e., amplitudes, phases, and propagation
directions) are first estimated using a simulated annealing method (p. 444, Press et al.,
1992) and subsequently solved simultaneously with phase velocities in a generalized
linear inversion [Tarantola and Valette, 1982].

3.3.2. Shear Wave Velocity Inversion and Radial Anisotropy Calculation

We solve the inversion problem iteratively to obtain Vsy using a least-squares
approach [Tarantola and Valette, 1982]. Letting mo be a starting model, synthetic
data are do = g(mo). The solution to the general, nonlinear, least squares inversion is
given by
AM=(G'CiG +C;4) [6"C,iAd ~Coi (M —m )] (3.10)
where m is the current model (Vsh), Am is the change to the current model, Ad is the
difference between the predicted and observed data, G is the Fréchet derivative of the
operator g, Cy, is the a priori data covariance matrix, and Cnn, is the a priori model
covariance matrix. Off-diagonal terms are introduced into Cr,,, to smooth the solution.
Cnn is assumed to have only diagonal terms, which are standard errors from the
inversions for Love wave phase velocities. The inversion also apply penalty for
deviation from the initial model m,.

Model parameters that are not well constrained by the data will be close to the
starting values. Love wave phase velocity Fréchet derivatives with respect to model
parameters (i.e., Vsy) are calculated using the method of Saito [1988]. The partial
derivatives would be updated after each iteration. The starting model is based on the

AK135 model [Kennett et al., 1995]. We modified the crustal structure in the AK135
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model to fit that in NE Tibet. The modified model consists of 3 layers in the crust
with a total crustal thickness of 54 km for 1-D shear wave velocity inversion.

The shear velocity models constructed from Rayleigh waves and Love waves are
referred as Vsy and Vsy, correspondingly. In this study, we inverted the Love wave
phase velocity at the periods of 20~91 s into Vsy and then calculated radial anisotropy
with previously obtained Vsy derived from Rayleigh wave phase velocity. The radial
anisotropy is defined as the percentage difference between Vsy and Vsy in the

medium: y = (Vsu—Vsy)/Vs. Vs is the isotropic or effective shear wave velocity and is

computed from Vs and Vsy via a Voigt average, Vs = /(2V3, + V2, )/3 [Babuska
and Cara, 1991].

We tested on how a priori error of model parameter Vsy would affect the fitting
of phase velocity with the observations. Several values (0.05, 0.1, 0.15 and 0.2 km/s)
for priori error of Vsy were tested and the velocity models and associated prediction
of phase velocities are shown in Figure 3.8. All the models can fit the phase velocity
data equally well. However, for the standard error of 0.15 and 0.2 km/s, velocities
below 250 km that are not well constrained by the data are not convergent to the
starting model, indicating the priori errors are too big. For the value of 0.05 km/s,
Vsy is not much different from the starting model. A priori standard error of 0.1
km/s allows Vsy deviate from the initial model where the data have constraints and
stay close to the initial model at great depths. The results below are obtained using a
priori standard error of 0.1 km/s for both Vsy and Vsy 1-D and 3-D inversions. We
first obtained the 1-D anisotropic model for the entire region and applied the

inversion to each grid point repeatedly to generate the 3-D Vsy model in the NE

88



Tibetan Plateau. And then a 3-D radial anisotropy model is constructed from Vsy and
previously obtained Vsy derived from Rayleigh wave phase velocity.

Surface waves at different periods are sensitive to the Earth’s structure at
different depths. Figure 3.9 shows the sensitivity kernels of Rayleigh and Love waves
to Vsy and Vsy at various periods. At a given period, fundamental model Rayleigh
wave phase velocity is primarily sensitive to Vsy at a broad depth range with a peak
sensitivity at 1/3 of the wavelength (Figure 3.9a), while Love wave phase velocity is
primarily sensitive to Vsy at relatively shallower depths (Figure 3.9b). In this study,
the longest periods for Rayleigh wave and Love wave are 100 s and 91 s, respectively,
both of which have reasonable sensitivity up to 130 km depth. Similarly, the model
resolution matrixes for the Vsy and Vgy inversion (Figure 3.10) show the largest
values are along the diagonal and the values decrease with increasing depth,
indicating reduced vertical resolution at depth. Although the diagonal values are all
less than 1 in the resolution matrixes, indicating that shear wave velocity in each layer
cannot be independently resolved, the sum of adjacent peak values in the lower crust
and shallow upper mantle can reach 1, suggesting the average velocity in these layers
can be well determined. Despite reduced sharpness, the peaking values of the
resolution matrixes can still be clearly recognized at 130 km for Vsy and Vs,
indicating reasonable resolution at this depth. We therefore interpret the top 130 km

in the radial anisotropy model for crust and mantle structure beneath the NE Tibet.
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3.4. Result
3.4.1. Tests on Phase Velocity Inversion using Amplitude in Both X and Y
Components, and using Amplitude in Y Component

The amplitude of Love wave in Y component is 10-20 times larger than that in X
component (Figure 3.11). Figure 3.11 shows the histogram of ratios of amplitudes in
the Y component to those in the X component at the period of 40 s. The amplitudes in
the X and Y components were calculated using equations (3.8) and (3.9),
respectively. We compared the 2-D Love wave phase velocity maps using amplitude
in the X and Y components, and using amplitude only in the Y component, in order to
determine which one is more stable and can be used to determine a reliable 2-D phase
velocity map. The predicted amplitude and phase in the X and Y components were
obtained to fit the observed amplitude and phase in these two components. Figure
3.12 illustrates comparisons of predicted and observed Love wave amplitudes and
phases in the X and Y components at the period of 40 s. Those amplitude variations
in the Y components are well-resolved and the observed and predicted phases are
well-fit. Weaker signals in the X components make it difficult to fit by the two plane
waves, which are largely determined by the Y component data. While compared to
largest amplitude in a event, the predicted amplitude in the X components can still
well fit the observed ones (Figure 3.12a). Therefore, the overall small rms phase
variations are expected in the phase velocity inversion.

Figure 3.13 shows the 2-D Love wave phase velocity maps at the periods from
20 to 91 s using amplitude in both X and Y components. Figure 3.14 shows the 2-D

Love wave phase velocity maps at the periods from 20 to 91 s using amplitude only in
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Y components. The corresponding standard error of phase velocity was estimated
from model covariance matrix and its distribution across the study area is shown in
Figure 3.13l and 3.141, respectively. The Love wave phase velocities calculated using
amplitude in both X and Y components are more consistent at each nearby periods.
We quantified their differences by subtracting the Love wave phase velocities using
amplitude only in Y component by those using amplitude in both X and Y
components (Figure 3.15). As shown in Figure 3.15l, the 1-D phase velocity
differences for these two are larger at the long periods (76 s and 91 s) than those at
the short and median periods (20-67 s). The difference variation is small in the
median periods (45 s) and increases from median periods to short and long periods
(Figure 3.15a-3.15k). Therefore, the Love wave phase velocities using amplitude in
both X and Y components will be described below and used to invert for Vsu.
3.4.2. 1-D and 2-D Love Wave Phase Velocity

Average Love wave phase velocities for the entire study region were obtained at
the periods of 20, 22, 25, 27, 30, 34, 40, 45, 50, 59, 67, 77, and 91 s and vary from
3.54 km/s at 20 s to 4.32 km/s at 91 s (Figure 3.16a). In the inversion, phase velocity
at all grid nodes is assumed to be the same and only one model parameter for phase
velocity is solved along with the two-plane wave parameters. The standard error for
each phase velocity is taken from a posteriori model covariance matrix calculated in
the inversion. Average Love wave phase velocity is much larger than average
Rayleigh wave phase velocity at the same period as expected (Figure 3.16a). While
compared to the predicted Love wave phase velocities from the global AK135 model,

these values are smaller. The differences between observed and predicted Love wave
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phase velocities are larger than those between observed and predicted Rayleigh wave
phase velocities, especially at median and long periods (45-91 s) (Figure 3.15a). Such
different deviations between Rayleigh and Love wave from the predictions of the
isotropic Ak135 model indicate the presence of anisotropy in the crust and upper
mantle of NE Tibet.

Average Love wave phase velocities at different tectonic provinces are also
calculated. We divided the study area into three sub-tectonic-provinces, the Songpan-
Ganzi Terrane (SGT), the Qinling-Qilian Orogen (QQO), and the Gobi-Alashan
Platform (GAP), which are separated by the Kunlun and Haiyuan faults (Figure 3.1).
The inversion for the average phase velocity in each province is conducted by
assuming uniform phase velocity at all the nodes within the province. Similar to
Rayleigh wave phase velocities [Li et al., 2013], Love wave phase velocities
generally decrease from the GAP in the north to the SGT in the south (Figure 3.16b).
The GAP is characterized with the highest velocities ranging from 3.80 km/s at 20 s
to 4.59 km/s at 91 s while the SGT has the lowest velocities from 3.50 km/s at 20 s to
4.04 km/s at 91 s. Phase velocities in the QQO are comparable to the average phase
velocities for the entire study region (Figure 3.16b). The large difference in phase
velocities among the three sub-regions reveals strong lateral heterogeneity in the crust
and upper mantle in the NE Tibetan Plateau.

2-D Love wave phase velocities were calculated at the periods from 20 sto 91 s
using the 1-D average phase velocities as starting values. We computed the phase
velocities at each grid node with grid spacing of ~0.5° and then interpolated the phase

velocities on finer grids with an interval of 0.1° by 0.1° for generating the maps. The
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standard error of phase velocity was estimated from model covariance matrix and
interpolated on a finer grid as well. The standard errors at different periods have
similar trends with small errors near the center of the study region and increasing
errors towards the edge as shown in Figure 3.13i that shows 2c of phase velocity
perturbations in percentage at 34 s.

Love waves and Rayleigh waves are sensitive to shear velocities in different
ways even for an isotropic model. Generally, Love waves are more sensitive to
shallower structures than Rayleigh waves at the same period. Thus the lateral
variations of phase velocities could be different between Rayleigh and Love waves at
the same period even for an isotropic media, which then reflect vertical variation of
structure. Rayleigh wave and Love wave phase velocity maps share similar patterns at
each period. The low velocity anomaly (~3%-7%) is imaged along the Kunlun fault in
both Rayleigh wave and Love wave phase velocity maps (Figure 3.13a-3.13k, Figure
3.B). The anomaly is consistently imaged at all periods even though the inversion for
phase velocity is applied to each period independently. Its magnitude is reduced at
long periods due to smoothing from increasing wavelength, and its location closely
matches with the strike of the Kunlun fault. The consistence of this anomaly on
different phase velocity maps and between Rayleigh and Love waves clearly evidence
that it must be from a true structure. Compared with Rayleigh wave phase velocity
map, the shape and magnitude of these anomalies from Love wave vary slightly at
different periods, reflecting vertical variations of shear velocity anomalies as well as
radial anisotropy. The resolution tests for input models with £3% Rayleigh wave

(Figure 2.7) and Love wave (Figure 3.A) phase velocity perturbations show that the
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anomaly pattern can be well recovered within and between the station arrays although
the overall resolution decreases with increasing period and at the edge of the study
area.

3.4.3. 1-D and 3-D Shear Wave Velocity

We inverted the Love wave phase velocities for Vgsy velocity model and
calculated radial anisotropy from Vsy and previously obtained Vsy model from
Rayleigh wave phase velocities. The average 1-D shear wave velocity model (Vsv
and Vsy) and radial anisotropy were computed from the average phase velocities for
the entire study region. Then 3-D isotropic shear wave velocity and radial anisotropy
models were developed by combining 1-D Vsy and Vsy models at all grid nodes.

The SH velocities (Vsy) in the average 1-D model range from 3.18 km/s in the
shallow crust to 4.27 km/s at 130 km depth (Figure 3.8b). Compared to the previously
obtained Vsy model, 1-D Vgsy model is significantly higher in the lower crust and
uppermost mantle (Figure 3.8b), reflecting strong radial anisotropy, while small
differences exist in the middle crust and at the depths of 70~110 km between the Vsy
and Vsy (Figure 3.8b). The absolute velocity of Vsy and Vsy and the velocity
perturbation maps at 6 layers from the middle crust to 130 km are shown in Figure
3.17, 3.18, 3.20 and 3.21. 3-D view of the velocity perturbation maps are also shown
in Figure 3.27. The major features of Vsy model (Figure 3.18) are generally
consistent with our previous obtained Vsv model (Figure 3.17). In the middle crust,
low velocities are present along the strike of the Kunlun fault and the strong high
velocities are observed beneath the northern Qilian orogenic belt and part of the

Gobi-Alashan Platform. In the lower crust, the magnitude of low velocity anomalies

94



increases, while the magnitude of the high velocities decreases. The low velocity
anomalies extend to the uppermost mantle beneath the Kunlun fault. The clear
difference between the Vsy and Vsy models is in the middle and lower crust, where
the offset of the low velocity anomaly from east to west is shown in the Vsy model,
but is not present in the Vsy model. The lateral variations in the Vsy and Vsy models
are imaged similarly on the velocity anomaly maps (Figure 3.20~3.21).

We computed the isotropic or effective shear wave velocity from Vsy and Vsy

using a \Voigt average, Vg = \/(2V23, +V2,)/3 [Babuska and Cara, 1991]. The
absolute Vs (Figure 3.19) and Vs anomaly maps (Figure 3.22) are similar with those
of Vsy. Four cross-sections of absolute Vs and Vs perturbation are shown in Figure
3.23 and Figure 3.24. The locations of the four vertical profiles are shown in Figure
3.22c. The most striking feature in the absolute Vs cross-section is the low velocity
anomaly beneath the restraining bend of the Kunlun fault at the depth of 90-130 km
(Figure 3.23a, 3.23c), while no low velocity anomaly is imaged beneath the Haiyuan
fault. Additionally, the low velocity along the strike of the Kunlun fault shifts from
east in the middle and lower crust to west part beneath the restraining bend in the
uppermost mantle (Figure 3.24c).
3.4.4. 3-D Radial Anisotropy

The radial anisotropy is computed from Vgy and Vsy in the medium as y =
(Vsu—Vsv)IVs. Radial anisotropy at different depths and along four vertical cross-
sections is shown in Figures 3.25 and Figure 3.26. 3-D view of the velocity
perturbation maps are also shown in Figure 3.28. On the first order, anisotropy varies

strongly with depth, which can be seen more clearly on the cross sections (Figure
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3.26). In the shallow crust, negative anisotropy (Vsv>Vsy) is present beneath most of
the NE Tibetan Plateau with larger values associated with higher elevations such as
the Kunlun and Qilian mountains. Anisotropy in the lower crust is dominated by
positive values (Vsy>Vsy) and the anisotropy becomes stronger towards the eastern
and northern edge of the plateau. The uppermost mantle is largely isotropic, which is
underlined by uniformly positive anisotropy beneath 90 km depth.

Radial anisotropy also shows significant lateral variations in NE Tibet. In the
middle crust, positive radial anisotropy (Vsy>Vsy) with amplitudes in excess of 6%
exists beneath the southern Qilian orogenic belt, and negative radial anisotropy
(Vsv>Vsy) down to -3% is imaged beneath the restraining bend of the Kunlun fault
(Figure 3.253a, 3.26). Despite the lower crust is dominant with positive anisotropy,
the anisotropy (~3%) beneath the Kunlun restraining bend and its vicinity is
significantly smaller than that in the West Qinling and East Kunlun Orogenic belts
(10%) (Figure 3.25b, 3.26a). In the lithosphere mantle (Moho-90 km), the most
anisotropic region is beneath the Kunlun restraining bend with a value of -3%. At
depths below 90 km, positive radial anisotropy is almost uniformly imaged beneath
the entire NE Tibetan Plateau, which is probably associated with large-scale

asthenosphere flow.

3.5.  Discussions
3.5.1. A Comparison with Previous Studies on Radial Anisotropy

Several radial anisotropy studies have been carried out in the Tibetan plateau
[Shapiro et al., 2004; Xie et al., 2013; Chen et al., 2009; Huang et al., 2010; Duret et

al., 2010; Guo et al., 2012]. Most of studies are at a plateau-wide scale and have poor
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lateral resolution in NE Tibet [Duret et al., 2010; Shapiro et al., 2004; Chen et al.,
2009; Xie et al., 2013]. Their vertical resolution for radial anisotropy is also limited to
shallow depths because of relative short periods (10-50 s) for Love wave phase
velocities, which is a limitation from ambient noise data analysis. The lack of studies
on radial anisotropy using teleseismic data is due to the lack of suitable methods for
Love wave tomography, and the quality limitation of Love wave seismic data
recorded at transverse components. In this study, we obtained Love wave phase
velocities up to 90 s by extending the TPW method to Love waves from teleseismic
events. The derived radial anisotropy model has reasonable resolution to 130 km.

Our radial anisotropy presents distinctive vertical variation of anisotropy with
general negative values in the shallow crust especially beneath high mountain ranges,
strong positive anisotropy in the lower crust, averaged isotropy in the mantle
lithosphere to 90 km and weak positive anisotropy beneath it. This vertical variation
of anisotropy correlates with typical continental lithosphere strength change. The
weakest lower crust and the asthenosphere are characterized by positive radial
anisotropy. Xie et al. [2013] also imaged Vsy>Vsy in the middle and lower crust
beneath NE Tibet while the study by Chen et al. [2009] showed negative radial
anisotropy (Vsv>Vsy) beneath the Qilian and Qinling Orogenic belts in the middle
crust. In addition to layered variation, our model also images strong lateral variation
of anisotropy. One prominent feature is relatively negative anisotropy beneath the
East Kunlun Mountains. Such small-scale anisotropic feature has not been reported
from previous studies due to the large-scale nature and poor lateral resolution in those

studies.
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3.5.2. Mechanism of Radial Anisotropy

Seismic anisotropy can be considered as a proxy of aligned minerals resulted
from either crystallographic or lattice preferred orientation (CPO, LPO) [e.g.,
Montagner, 1998], or shape preferred orientation (SPO) of material with distinct
isotropic elastic properties [e.g., Silver and Chan, 1991]. Anisotropy due to the LPO
of anisotropic minerals could be resulted from flow or tectonic stress in the crust and
mantle. For example, Barazangi and Ni [1982] and Godfrey et al. [2000] suggested
strong faulting causes observed seismic anisotropy. Anisotropy due to SPO could
arise from different mechanisms such as dry or liquid-filled cracks [Figueiredo et al.,
2013] and sills or lenses of partial melt [Takeuchi et al., 1968; Kawakatsu et al.,
2009]. Here we focus on the most likely cause (or causes) for crustal radial anisotropy
and upper mantle radial anisotropy.
3.5.2.1. Crustal Radial Anisotropy

Negative radial anisotropy (Vsv>Vsy) is present in the upper crust especially
beneath high mountain belts (Figure 3.25a, 3.27). Stress alignment micro-cracks were
suggested to attribute to anisotropy of upper crust, where pressure is low enough to
allow the cracks remain open [e.g., Figueiredo et al., 2013]. The obvious correlation
between negative radial anisotropy and high mountain belts reflect current horizontal
shortening and vertical extension in response to the present-day compressional
stresses [Heidbach et al., 2010], which would induce the formation and alignment of

vertical micro-cracks that produce Vsy>Vsy anisotropy.
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Generally, the mid-lower crust (15 km-Moho) is characterized with positive
anisotropy (Vsu>Vsy) with large strength beneath the Qinling and Qilian orogens and
relative weak values beneath the Kunlun restraining bend and its vicinity. The
amplitude of anisotropy in the middle crust ranges from -2% to 6%, while that in the
lower crust varies from 3% to 12%. It has been suggested that the formation of
positive mid-lower crustal anisotropy beneath the Tibetan plateau can be resulted
from the horizontal alignment of mica crystals [Shapiro et al., 2004; Huang et al.,
2010]. A small amount of mica minerals can induce strong anisotropy in the middle
to lower crust [Stein and Wysession, 2003]. Mid-lower crustal flow was suggested to
align crustal minerals such as mica, amphibole [Li et al., 2011; Shapiro et al., 2004;
Huang et al., 2010]. If this is the case, the flow should be stronger beneath Qinling
and Qilian orogens where positive anisotropy is stronger than beneath the Kunlun
Mountains. It would be hard to understand why the crustal flow is more vigorous at
the plateau’s edge than in its interior. Moreover, strong crustal flow in NE Tibet is
not supported by absolute shear wave velocity model, which doesn’t image a low-
velocity layer in middle or lower crust. Additionally, geological observations argued
that the lower crustal flow is not necessary present to account for crust shortening in
the NE Tibetan plateau [Lease et al., 2012]. Therefore, the observation of positive
anisotropy (Vsu>Vsy) more likely reflects past deformation at the formation of mid-

lower crust instead of current crustal flow.
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3.5.2.2. Upper Mantle Radial Anisotropy

Anisotropy in the mantle lithosphere at the depths of Moho-90 km varies from
-2% to 2%, which is much weaker than in the lower crust and deeper upper mantle.
Frozen fabrics in the mantle lithosphere could vary laterally and have been averaged
out in the tomography. This weak anisotropy also indicates that mantle lithosphere in
NE Tibet has not been largely deformed by current plateau-building process.

In contrast to largely isotropic mantle lithosphere above 90 km, the entire NE
Tibet region is dominant by positive anisotropy (Vsy>Vsy) at the depths of 90-130
km, probably suggesting a transition from lithosphere to asthenosphere at around 90
km. The depths of LAB were estimated at 80-100 km in this region based on shear
wave velocity changes with depth [Li et al., 2013]. Since the boundary from
lithosphere to asthenosphere is defined by the change of mechanical strength instead
of composition, the LAB might be better determined using anisotropy variation than
absolute velocity change. The positive radial anisotropy could be caused by LPO of
olivine mineral due to large-scale asthenosphere flow associated with the absolute
motion of Eurasia, as has been suggested by previous studies [Li et al., 2011; Zhang
etal., 2010].

3. 5.2.3. The Kunlun Restraining Bend

The Kunlun restraining bend, at which the Kunlun fault changes its strike from
EW to ESE-WNW, is located in the southwest of the study area. The crust and upper
mantle beneath the restraining bend and the nearby Kunlun Mountains show
anomalous low velocity and negative radial anisotropy (Vsv>Vsuh) in the entire

lithosphere. The low velocity anomaly was interpreted to be due to anomalously high
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temperature and associated partial melting resulted from localized asthenosphere
upwelling after the delamination of a thick lithosphere root [Li et al., 2013]. The thick
lithosphere root inferred here was speculative because it was not observed in the
shear wave model. The newly developed radial anisotropy model provides additional
evidence for a thickened lithosphere beneath the restraining bend. This can be seen
from the continuous Vsy>Vsy anomalies beneath the restraining bend from the
shallow crust to the mantle lithosphere except in the lower crust where the positive
anisotropy value of 3% is still significantly smaller than in its surrounding regions.
These anisotropy anomalies can be explained by vertical alignment of anisotropic
minerals in the crust and mantle lithosphere due to large compressional stress,
providing evidence for coherent lithosphere deformation that could have resulted in a
thick lithosphere root. Such coherent lithosphere deformation is not observed in the
eastern portion of the Kunlun neither in the Qinling and Qilian orogens, suggesting
that the lithosphere shortening in most of the NE Tibet is not as strong as in the
Kunlun restraining bend and the interiors of the plateau and the Kunlun restraining
bend probably marks northeastern boundary of the highly-deformed plateau

lithosphere.

3.6.  Conclusion

We developed a 3-D radial anisotropy model with resolution up to ~130 km
from Vsy and Vsy obtained from 2-D Rayleigh wave (20~100 s) and Love wave
(20~91 s) dispersions curves. The anisotropic model reveals complex deformation in

the NE Tibetan plateau. Negative radial anisotropy (Vsv>Vsu) is present in the
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shallow crust especially beneath high mountain belts, which could be caused by
aligned vertical cracks or anisotropic silicates, reflecting horizontal shortening in
these areas. A positive radial anisotropy pattern (Vsv>Vsy) was observed in the
middle and lower crust, probably due to the frozen horizontal alignment of mica
crystals at the formation of lower crust. The mantle lithosphere above 90 km is
largely isotropic while weak positive anisotropy appears beneath 90 km, which
probably marks the lithosphere-asthenosphere boundary. Asthenosphere flow is the
main source for the positive anisotropy at the depth of 90-130 km. The most
pronounced lateral variation in NE Tibet is a low velocity anomaly and relative
negative radial anisotropy in the entire lithosphere beneath the Kunlun restraining
bend and its nearby mountains. The anisotropy anomaly suggests coherent lithosphere
deformation in this area that could have resulted in a thick lithosphere root. The low
velocity anomaly can be explained by high temperature and associated partial melting
after the delamination of the thick root. Significant large positive anisotropy (up to
12%) was imaged in the lower crust beneath the eastern portion of the Kunlun
Mountains and the Qilian and Qinling orogens, implying that shortening in the
shallow crust is not passed to the lower crust. The Kunlun restraining bend likely
marks a transition from coherent lithosphere deformation in the interiors of the

plateau to shallow crustal deformation at its northeastern edge.
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3.7.  Appendix
Appendix 3.A Resolution test for Love wave phase velocity

We carried out resolution test to understand resolvability of Love wave phase
velocities and their spatial resolution at different periods in the study area. A
checkerboard velocity model with a cell size of 1.5° x 1.5° was constructed and it
contained alternating positive and negative perturbations of +3% with an average
velocity of 4 km/s (Figure 3.A). Synthetic incoming wave field for each event is
assumed as the sum of two plane waves with known initial amplitude, phase and
propagation direction. The choice of the two plane waves is arbitrary. One plane
wave propagates at 4° off the great-circle path with an initial amplitude of 0.7 and the
other travels at 10° with an amplitude of 0.3, which are typical observed directions
and normalized amplitudes for the primary and secondary plane waves, respectively.
The initial phase for both plane waves is set as zero. Then synthetic amplitude and
phase of Love waves were computed from the checkerboard model using the same
stations, events, and raypaths from the real data. Random noises of 10% of the
maximum phase and amplitude values were added to the synthetic data. These
synthetic data with noise were used to calculate 2-D Love wave phase velocity using
the same inversion scheme as was applied to the real data. As shown in Figure 3.A,
the pattern of the velocity anomalies within and close to the station array (inside the 2%
error contour) can be well recovered at 25, 50 and 77 s (Figure 3.Aa, 3.Ab, 3.Ac).
However, fading and smearing occur around the edge of the model where large errors
were given at the edge nodes and crossing raypaths are not dense (Figure 3.Aa, 3.Ab,

3.Ac).
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Figure 3.A. Input and recovered checkerboard models for resolution tests on Love
wave phase velocities. (a) The input model with anomaly size of 1.5° x 1.5°. (b-d)
Recovered models at periods of 25, 50 and 77 s. The black line denotes contour of 2¢

on phase velocity perturbation at corresponding periods. Triangles denote the stations.
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Appendix 3.B 2-D Rayleigh wave phase velocity map at 12 periods

between20~100s.
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Figure 3.B. Maps of Rayleigh wave phase velocity perturbations. The white lines are
the contour of 26 of Rayleigh phase velocity perturbation at the corresponding

periods.

105



Appendix 3.C Shear wave velocity forward modelling for low velocity anomaly
centered at ~120 km depth beneath the Kunlun restraining bend

To examine the robustness of the low-velocity anomaly centered at ~120 km
depth beneath the Kunlun restraining bend in the shear wave velocity (Vsy and Vsy)
models, we conducted a series of experiments of forward modeling for Vsy and Vsy
through models that locate the low-velocity anomaly at different depths (lower crust,
uppermost mantle, and at the depth of 100-140 km) (Figure 3.C1, Figure 3.C2). At
each test, we manually assigned a low-velocity anomaly at different depths and kept
velocity values the same with global model AK135 at other depths and used it as an
initial model. We carried out the forward modeling to obtain the phase velocities,
which were then used for shear velocity inversion using the same errors from
observed average phase velocities. Because of smoothing between adjacent layers and
errors in phase velocity measurements, the recovered shear wave velocity models
show a gradually varied low velocity zone that is slower and thicker than that in the
input models. We carried out the experiments to test the low-velocity anomaly in both
Vsv (Figure 3.C1) and Vsy (Figure 3.C2) models.

We first assigned the low-velocity anomaly in the lower crust (at the depths of
35 km-Moho), as shown in the Figure 3.Cla and Figure 3.C2a. In the Vgsy and Vsy
models, the velocity anomaly can be well recovered in the lower crust, but the
velocity anomaly would also lower the velocities in the middle and uppermost mantle,
especially in the uppermost mantle above 80 km.

We then assigned the low-velocity anomaly in the uppermost mantle (at the

depths of Moho-90 km). In the Vsy and Vsy models, the velocities in the uppermost
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mantle in the recovered model are larger than those in the initial model, while the
velocities in the lower crust are lower than that in the initial model (Figure 3.C1b and
Figure 3.C2b). The recovered velocity models are smoothed at depths, but the lower
values in the uppermost mantle can still be observed.

Finally, the low-velocity anomaly was assigned at the depths of 90-140 km,
consistent with the depth of observed low velocity anomaly. Both recovered Vsy and
Vsy models are smoothed. In the Vsy model the low-velocity anomaly can be well
recovered, while that in the Vsy model is close to the AK135 model, indicating poor
sensitivity to great depths from Love waves.

The low velocity anomaly beneath the restraining bend of the Kunlun fault is
observed at the depths of 80~140 km centered at ~120 km depth. In the experiments,
the recovered velocities at these depths are higher than the input low velocities,
reflecting that the observed low velocities are probably lower than as it shows.
Additionally, the experiments also demonstrate that the low velocity anomaly at ~120

km cannot be an artifact from low velocity in the lower crust or uppermost mantle.
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Figure 3.C1. Vsy models with different low velocity anomaly at different depths
(lower crust, uppermost mantle, and at the depths of 90-140 km) (Figure 3.Cla, 3.C1b,
and 3.C1c) and their associated Rayleigh wave phase velocities (Figure 3.C1d, 3.Cle,
and 3.C1f). Line styles for the velocity models are consistent with those for the phase
velocities. The red solid lines in the Figure 3.Cla, 3.Clb, and 3.Clc indicate the
initial shear wave velocity model with low velocity anomaly at different depths
modified from the global model AK135 (black solid lines). The blue solid lines in
Figure 3.Cla, 3.Clb, and 3.Clc represent the recovered Vsy model from
corresponding input models. The error bar is for standard deviation for recovered Vsy
model. The black solid lines in the Figure 3.C1d, 3.Cle, and 3.C1f represented the
predicted Rayleigh wave phase velocities from the AK135 model. And the red and
blue solid lines indicate the predicted Rayleigh wave phase velocities from input and

recovered Vsy model, respectively.
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Figure 3.C2. Vsy models with different low velocity anomaly at different depths
(lower crust, uppermost mantle, and at the depths of 90-140 km) (Figure 3.Cla, 3.C1b,
and 3.C1c) and their associated Love wave phase velocities (Figure 3.C1d, 3.Cle, and

3.C1f). Line styles are the same with Figure 3.C1.
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Figure 3.1. Tectonic map superimposed on topography together with previous shear
wave splitting results and GPS-vectors in the northeastern Tibetan plateau. The black
box indicates our study area. The black solid lines indicate the faults. The black
arrows are GPS-vectors relative to Eurasia [Gan et al., 2007]. The bars with different
colors represent averaged splitting measurements from previous shear wave splitting
studies. The purple bars indicate one-layer anisotropic model [Guilbert et al., 1996;
Herquel et al., 1999; Huang et al., 2000; Liu et al., 2008; McNamara et al., 1994; Li
et al., 2010]. The two-layer anisotropic models are represented by red and blue bars

(red bars, upper layer; blue bars, lower layer) [Li et al., 2010]. The enclosed black
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dash line marks the restraining bend at the eastern Kunlun fault. The enclosed red
dash line approximately represents the distribution of Songpan-Ganzi flysch [Yin and

Harrison, 2000]. KLF, Kunlun fault; HYF, Haiyuan fault.

Figure 3.2. Distribution of teleseismic events used for Rayleigh wave tomography
(solid dots) and Love wave tomography (blue dots). Triangle denotes the center of the
NETS array. Epicentral distance from the center of the seismic array is marked by

large concentric circles with numbers.
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Figure 3.3. Example of good quality Rayleigh wave and Love wave seismograms. (a)
Rayleigh wave waveforms and windowed waveforms at different periods. The
waveform on the top is a broadband Rayleigh wave train, and other waveforms are
filtered with a 10 mHz width filter centered at frequencies from 7 to 50 mHz. The
amplitudes of waveforms are scaled to fit the frame. (b) Same as Figure 3.3a, but for
Love wave waveforms. (c) Corresponding seismograms at three components; Z,

vertical component; T, Transverse component; R, Radial components.
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Figure 3.4. Example of interference observed in the Rayleigh wave and Love wave
seismograms. Interference due to multipath and higher modes is much stronger at
periods between 25 and 40 s than at other periods. The amplitudes of waveforms are

scaled to fit the frame.
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Figure 3.5. Rayleigh wave and Love wave ray path number versus periods.
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Figure 3.6. Great-circle ray paths at a period 25 s, 50 s and 77 s for Rayleigh wave

and Love wave. Red triangles represent seismic stations.
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Figure 3.7. Coordinate system for the TPW method for Love wave (modified from
Forsyth and Li [2005]). (a) Two great-circle paths from the epicenter to the stations
in the array for Love wave. X-coordinate is distance along great-circle path relative
to distance to a reference station (triangle). Y coordinate of any other point (circle) is
distance along the perpendicular, small circle passing through that point to the x-axis;
(b) local Cartesian system with (0,0) at the reference station for Rayleigh wave. The
long dashed line indicates raypath for one plane wave that deviates from the great-

circle path by angle 6. Double arrow indicates Love wave particle.
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Figure 3.8. 1-D Vsy and Vsy and corresponding Rayleigh wave and Love wave
velocities using different damping of Vsy and Vsy for inversion. Black lines in the
Figure 3.8a, 3.8b and 3.8c indicate the global model AK135 as starting models and
the error bar is for standard deviation for shear velocity model. Blue lines and Red
lines in the Figure 3.8d, 3.8e and 3.8f represent the predicated Love wave and
Rayleigh wave phase velocity, respectively. The points indicate the observed phase

velocities and the error bar is for standard deviation for observed phase velocity.
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Figure 3.9 (a) Sensitivity kernels of Rayleigh wave and Love wave with respect to

Vsv (2) and Vsy (b) based on the shear velocity model AK135 [Kennett et al., 1995].
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Figure 3.10 Model resolution matrix, the unit for x and y axis is km. The resolution

matrix is calculated from the inversion for the reference model.
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Figure 3.11. Histogram of ratios of Love wave waveform amplitudes in Y

components to-those in X components at the period of 40 s. The amplitude of Love

wave in the Y component is 10-20 times larger than that in the X component.
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Figure 3.12. Comparison of predicted and observed Love wave amplitudes and

phases in X and Y components at the period of 40 s. The red dots are for Y

1.0

0.8}
0.6}
0.4}

00—
0.0 02 04 06 08 1.0

[ (a)

Observed amplitude

Predicted phase

1.0} (b) *
08 i . .:p. s f:' ;..
06| =~y 3%

'_’.:. :";-"". '_.. -
04 ] . :.:b > -:‘-

b ageses .,
0.2 f Sug®~s:l

0 "‘l..“; :

poE=Tr B .
0.0 02 04 06 08 1.0

component and the blue dots are for X component.

128

Observed phase




08" 09" 10041011102403% 04*10598" 9010001029031 04%05D8" 00°1001011024103404405%2° 02 10010141029 03904 05"

- -8 5 4 3 2 14 0 1 2 3 4 5 a8 7 2 4 & B 10 12
phase velocity anomaly (%) 2 x standard error (%)

Figure 3.13. Maps of Love wave phase velocity perturbations using amplitude in X
and Y components, and their standard errors. (a)-(k) Lateral variations of Love wave
phase velocities at 11 periods between 20 and 91 s. The perturbations are calculated
with respect to the average values (red solid line) in Figure 3.16a. The white lines are
the contour of 20 of phase velocity perturbation at the corresponding periods. (1)

Distribution of 26 of Love wave phase velocity perturbation at 34 s.
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Figure 3.14. Same as Figure 3.13, but using amplitude only in Y components.
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Figure 3.15. Maps of Love wave phase velocity differences using amplitude in both X
and Y components, and only in Y component. (a)-(k) Lateral variations of Love wave
phase velocity differences at 11 periods between 20 and 91 s. (I) The difference of 1-
D average Love wave phase velocity using amplitude in both X and Y components,

and only in Y component.
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Figure 3.16. (a) Average Rayleigh wave and Love wave phase velocities in the
northeastern Tibet. The dashed red line and black line represent the predicted
Rayleigh wave and Love wave phase velocity from AK135 model. (b) 1-D average
Love wave phase velocity for the three sub-regions (the Gobi-Ala Shan Platform in
red, the Qilian-Qinling Orogen in blue, and the Songpan-Ganzi Terrane in green) of

the study area.
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Figure 3.17. Absolute Vsy maps at the depths of 15-130 km. Blue lines in Figure

3.17c indicate the location of the cross-sections shown in Figure 3.23~3.25.
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Figure 3.18. Same as Figure 3.17, but for Vsy map.
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Figure 3.19. Same as Figure 3.17, but for isotropy shear wave velocity (Vs) map. Vs
is calculated via a Voigt average, Vs = \/(2V3, + V2;)/3 [Babuska and Cara,

1991].
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Figure 3.20. Vsy anomaly maps at the depths of 15-130 km. The perturbations are
calculated with respect to the average values at all the grid nodes.
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Figure 3.21. Same as Figure 3.20, but for Vsy anomaly maps.
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Figure 3.22. Same as Figure 3.20, but for isotropic shear wave velocity (Vs) anomaly
maps.
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Figure 3.23. Cross-section of absolute Vs from Vgy and Vsy. Topography is depicted
above each profile (black line) with a unit of km. The red triangles mark the location
of major faults along each profile. KF, Kunlun fault; HF, Haiyuan fault. The locations

of four cross-sections are shown in the Figure 3.19c.
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Figure 3.24. Cross-section of Vs perturbations. The perturbation is calculated with
respect to the average values at the different layers and at all the grid nodes.

Topography is depicted above each profile (black line) with a unit of km.
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Figure 3.25. Radial anisotropy maps at the depths of 15-130 km. The radial
anisotropy is defined as the percentage difference between Vsy and Vsy in the medium:

v = (Vsu—Vsv)IVs. Vs is the isotropic or effective shear wave velocity and is computed

from Vsy and Vsy via a Voigt average, Vs = J (2VE, +V&,)/3 [Babuska and Cara,

1991].
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Figure 3.26. Cross-section of radial anisotropy from Vgsy and Vsy. Topography is

depicted above each profile (black line) with a unit of km.
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Figure 3.27. 3-D view of the isotropic shear wave velocity (Vs) perturbation model
with topography map. The red dashed line represents the Kunlun fault and the blue

dashed line indicates the location of the Kunlun restraining bend.
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Figure 3.28. 3-D view of the radial anisotropy model. The red dashed line represents
the Kunlun fault and the blue dashed line indicates the location of the Kunlun

restraining bend.
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Chapter 4. Conclusions

4.1. Conclusions

To distinguish different geological models responsible for the growth of the
northeastern Tibetan Plateau with interactions of several mountain ranges (the East
Kunlun, West Qiling, and Qilian orogenic belts) and two major strike-slip faults (the
Kunlun fault and Haiyuan fault), 1 have constructed 3-D shear wave velocity and
radial anisotropy models from 2-D fundamental model Rayleigh wave velocities at 14
periods from 20 to 100 s and Love wave velocities at 13 periods from 20 to 91 s. Both
3-D shear wave velocity (Vs) and radial anisotropy models reflect strong
heterogeneity in the NE Tibetan Plateau.

In the first study, a 3-D SV velocity model of the lower crust and upper mantle
in the NE Tibetan plateau was constructed using the two-plane-wave (TPW) methods
[Forsyth et al., 1998; Forsyth and Li, 2005]. An isolated slow anomaly centered at
~120 km depth is imaged beneath a restraining bend of the Kunlun strike-slip fault.
Additionally, the lithosphere-asthenosphere boundary (LAB) is inferred to be
anomalously shallow (80-100 km) beneath the restraining bend from the shear wave
velocity model. The correlation between this striking slow anomaly and shallow LAB
beneath the restraining bend can be explained by a localized lithosphere dripping.
This pronounced slow anomaly is probably caused by anomalously-high temperature
and associated partial melting resulted from localized asthenosphere upwelling after
the delamination of a thick lithosphere root beneath the restraining bend. This model

would help to explain the active deformation of East Kunlun and West Qiling regions.
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In the second study, | extended the two-plane-wave (TPW) inversion method for
Love waves. The TPW inversion method has been extensively utilized in various
studies [e.g., Forsyth et al., 1998; Li, 2011; Zhang et al., 2011]. Unfortunately, the
TPW method is currently only suitable for Rayleigh waves. This limits the studies of
radial anisotropy from discrepancy between Rayleigh and Love wave tomography.
Extending the TPW inversion method for Love wave phase velocities is therefore
greatly needed to fill the gap in seismic data processing so that high-resolution 3-D
radial anisotropy models can be developed in many places where regional seismic
networks are available. 1-D and 2-D Love wave phase velocities were obtained and
then inverted into 1-D and 3-D Vg models in the NE Tibetan plateau. Then a 3-D
radial anisotropy model was constructed from Vsy and previously obtained Vsv. A
correlation between negative anisotropy (Vsv>Vsy) and high mountain belts in the
shallow crust reflects horizontal shortening and vertical extension in the orogenic
regions. The positive anisotropy with amplitude of up to 10% (Vsy>Vsy) in the lower
crust is probably resulted from the horizontal alignment of mica crystals due to the
past deformation at the formation of lower crust. The mantle lithosphere above 90 km
is largely isotropic while weak positive anisotropy appears beneath 90 km, which
probably marks the lithosphere-asthenosphere boundary. Asthenosphere flow is the
main source for the positive anisotropy at the depth of 90-130 km. Additionally, a low
velocity anomaly and negative radial anisotropy (Vsv>Vsu) are consistently observed
in the lithosphere beneath the restraining bend of the Kunlun fault. These geophysical
observations suggest the existence of coherent lithosphere deformation in this area

that could have resulted in a thick lithosphere root. These findings reflect complex
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deformation pattern in the NE Tibetan plateau which is controlled by the interaction
among localized compression, strike-slip faulting, asthenosphere flow and horizontal

shortening in the crust.
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